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ABSTRACT 
o18/o 16 and D/H measurements were made on a 
variety of sedimentary rocks and minerals, with special 
emphasis on the fine-grained, predominantly clay mineral 
fraction of the sediments. The interlayer water was 
removed from clay minerals prior to the isotopic analyses. 
Precision of the measurements was generally z 0.2 permil 
for oxygen and z 0.3 percent for hydrogen. In the case 
of zeolites the reproducibility was less constant because 
of difficulty encountered in removing zeolitic water. 
Listed in order of decreasing tendency to 
concentrate 0 18, the sedimentary minerals for which such 
data are available and their approximate isotopic frac-
tionation factors relative to water at sedimentary temper-
atures are: 
mineral 
quartz 
alkali feldspar 
phillipsite 
montmorillonite 
kaolinite 
glauconite 
manganese nodule 
ox 
a 
mineral-H2o 
1. 034 
1. 034 
1. 034 
1 • 0273 
1. 0265 
1 • 0263 
1.015 
o. 938 
0.970 
0.926 
0.923 
v 
Mineral - water fractionations are related to 
the types of chemical bonds in the minerals. 
Clay minerals which form under sedimentary con-
ditions appear to form in isotopic equilibrium with their 
environments. Subsequent isotopic exchange may occur 
easily at elevated temperatures, but only extremely slowly 
at low temperatures. 
Ocean sediments which are detrital in origin 
have isotopic compositions reflecting the fresh water origin 
of their clay minerals. There is no evidence for any iso-
topic exchange of detrital clay minerals with the marine 
environment in any of the ocean cores studied. (The sed-
iments could be as old as 250,000 years as determined by 
ionium-thorium method.) Marine sediments which have large 
18 
authigenic components are generally enriched in 0 , re-
flecting the presence of phillipsite ( 8 018 = +34 permil 
and montmorillonite 8 018 = +29 permil)e However, those 
containing a high concentration of iron and manganese 
oxide may be isotopically light. {A manganese nodule had 
8 018 = +15 permil.) 
The isotopic compositions of the clay minerals 
of ocean sediments are compatible with a weathering origin 
for a kaolinite and a metamorphic or diagenetic origin for 
chlorite. Montmorillonite and illite are primarily of 
weathering origin but both of these minerals may have 
diagenetic components. 
vi 
There is no evidence for a:ny isotopic exchange of 
sand-sized quartz or feldspar in the sedimentary environmen~ 
and these minerals may be used as indicators of provena:nce 
in sediments. The presence of a large authigenic feldspar 
or quartz component may be readily detected by oxygen iso-
topic analysis. An authigenic feldspar had an o18/o 16 ratio 
ten permil greater than igneous feldspars. 
Calculations have been performed to determine 
the effect of weathering and the formation of sediments on 
the isotopic composition of the hydrosphere. It is con-
cluded that those processes could have depleted the hydro-
sphere 3 permil in 018 and enriched it 0.03 percent in 
deuterium through the course of geologic time. 
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CHAPTER I 
INTRODUCTION 
1.1 Statement of the problem 
Variations in the oxygen isotope ratios of rocks 
and minerals have been used for some time as an aid to 
understanding a wide variety of geologic processes. To a 
much lesser extent, variations in hydrogen isotope ratios 
have been applied to problems in the earth sciences. 
A number of studies of oxygen isotope variations 
in sedimentary carbonates have been made by previous in-
vestigators (Epstein et al. (34), Degens and Epstein (26), 
Keith and Weber (56) and others), and these have led to a 
greater understanding of the geochemistry of carbonates. 
However, prior to the present study, only a small body of 
data had been obtained pertaining to the stable isotope 
geochemistry of non-carbonate sediments. Silverman (93) 
showed that oxygen isotope ratios of silicate minerals in 
sedimentary rocks are indicative of their modes of formation. 
Unweathered detrital components from igneous and metamorphic 
rocks generally contain less 018 than those which have a 
low temperature origin since e~uilibrium isotopic frac-
tions between minerals and water usually are greater at low 
temperatures than they are at high temperatures. 
2 
Prior investigations have also indicated that 
isotopic exchange may occur in sediments which have not 
undergone metamorphism. Degens and Epstein (27) found 
that ancient fine-grained marine limestones and cherts 
often undergo a change of oxygen isotopic composition 
without showing a:n.y obvious metamorphic features. 
In the present study, the o18/o 16 and D/H ratios 
were measured in a wide variety of sedimentary materials 
(rocks, minerals, and unconsolidated sediments). An 
attempt was made not only to establish the range of var-
iation of isotope ratios but also to investigate the fac-
tors which determine these ratiose In particular, it was 
of interest to determine whether minerals which are formed 
under sedimentary conditions are formed in isotopic equili-
brium with their environments and under what conditions 
they undergo isotopic exchange. An attempt was made to 
determine under what conditions the isotopic compositions 
of minerals could be used as indicators of provenance in 
sediments, under what conditions the isotopic compositions 
could be used as indicators of the environment of formation 
or deposition of sediments, and under what conditions the 
isotopic compositions could be used as indicators of the 
post-depositional history of the sediments in which they 
occur. 
Finally, most sedimentary geochemical processes 
involving the formation of minerals result 1n the pre-
3 
f erential removal of the heavy isotopes of oxygen and the 
light isotope of hydrogen from the hydrosphere. Using the 
isotopic data of the present study it was possible to re-
fine calculations of the effect of the formation of sed-
iments on the isotopic composition of the hydrosphere 
throughout geologic time. 
1.2 Terminology and notation 
Eef ore embarking on a discussion of stable iso-
tope variations in sediments it is desirable to define a 
few terms and symbols. 
A.. 8-values 
All isotope ratios are reported in the 8 nota-
ti on. The · 8 -values are defined in the equations below 
(~) 16 -
O samp 8 018 = _________ _ 
( ~) 016 
· std 
( 0 :: ) 
O std 
x 1000 
D ... D 
li samp li std 
8 D = x 100 
}l 
H std. 
4 
Oxygen 1s reported as per mil deviation from 
the standard while hydrogen is reported as per cent devia-
tion. In both cases the standard reported throughout this 
work 1s standard mean ocean water (SMOW), as defined by 
Craig (19). 
Be Fractionation factors 
The fractionation factors between two compounds 
or phases containing oxygen or hydrogen are defined by the 
equations 
OX 
a 
A-B 
= 
( ~) 016 B 
and 
hy 
a 
A-B 
= 
where A and B denote the compounds or phases. The frac-
tionation factors are related to the o's by the equations 
A 
1 + 
0 018 
ox 1000 
a = 
A 
hy 1 + OD 
and a = -=rmr 
A-B B A-B B 
1 + 
0 018 OD 
1000 1 + 100 
5 
o. Sedimentary and diagenetic processes 
Throughout this work the terms "sedimentary 11 
and 11 diagenetic 11 are frequently used. Sedimentary proc-
esses are those which occur at or very near the earths 
surface or the sediment - water interface, such as weath-
ering, transportation, sedimentation, precipitation from 
solution at or above the sediment - water interface,. etc. 
Diagenetic processes are those which alter the sediment 
physically or chemically, mineralogically or isotopically 
after formation and buriale There is a gradation between 
sedimentary and diagenetic processes and between diagenetic 
and metamorphic processes. 
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C.HA:PTER. II 
HISTORICAL BACKGROUND AND PREVIOUS WORK 
2.1 Early worlc 
In the years following the discovery of the two 
heavy isotopes of oxygen (Giauque and Johnston (42)) and 
the stable heavy isotope of hydrogen (Urey, Brickwedde and 
Murphy (106)) a number of searches were made for variations 
in the o18/o16 and D/H ratios of naturally occurring mate-
rials. Most early measurements used density techniques. 
The precision of these methods was generally so poor as to 
obscure most of the isotopic variations which occur 1n 
nature. They were sufficiently sensitive, however to 
detect a difference between the oxygen of the atmosphere 
and that of fresh waters (Dole (29), Smith and Matheson 
(95), and others). By the early 1940 1 s enough carefully 
performed density measurements had been performed so that 
it was known that the oxygen of Atlantic Ocean water was 
richer in 018 than that of Lake Michigan water which was 
in turn richer in 018 than that of atmospheric water (Dole 
(28)), and that the oxygen of carbonates was heavier than 
that of "normal" waters while that of oxide minerals was 
the same as "normal" waters (Dole and Slobod (30)). It 
had also been determined that fresh waters contained less 
7 
deuterium than ocean waters (Swartout and Dole (97)). 
The earliest mass spectrometric attempt to 
measure variations in the o18/o16 ratio of silicates was 
that of Manian, Urey and Bleakney (67). They extracted 
oxygen from granitic rocks and meteorites by reacting them 
with a mixture of carbon and carbon tetrachloride. The 
precision of the method was 2.5% and they found no sig-
nificant isotopic variations. 
2.2 Igneous and metamorphic rocks 
Refinements in mass spectrometric techniques by 
lUer (75) and McKinney il g1. (70) made available an in-
strument capable of measuring o18/o16 ratios relative to 
a standard with a precision better than :0.1%~. This new 
tool provided the impetus for the development of improved 
chemical techniques for the removal of oxygen from sili-
cates and oxides for measurement in the mass spectrometer. 
The methods used are based either on reduction of the 
oxygen with carbon or on oxidation with fluorine or flu-
orine-containing compounds. These techniques have been 
reviewed by ~aylor and Epstein (103), Clayton and Mayeda 
(15), and Garlick (39) and w·111 not be discussed further. 
Some of the results of the studies of igneous 
and metamorphic rocks and minerals are of importance in the 
present study, as they relate to the source materials for 
sediments. They will be reviewed here. 
8 
Baertschi (3) analyzed the oxygen in a wide 
variety of igneous and sedimentary rocks with a precision 
of 1.5%0. He found that the oxygen of the igneous rocks 
had an isotopic variation of only 4.5%-and that the igne-
ous rocks contained about 5%omore 018 than Hawaiian sea 
water. All the igneous rocks were depleted in 018 rel-
ative to the sediments. Silverman (93) measured more 
samples with better precision and found essentially the 
same results. He also measured a suite of metamorphic 
rocks from Duchess County, New York and found a trend of 
decreasing o18/o 16 with increasing metamorphic grade. 
Taylor and Epstein (103, 104) carried out a major survey 
of the oxygen isotopic composition of igneous rocks and 
minerals. They concluded that the total variation in 
whole - rock analyses was only 4.5%o • The basic rocks 
were lighter than the more acidic ones. Of greater sig-
nificance to the present study was the finding that 
regardless of the igneous rock type from which a mineral 
was taken, its isotopic composition could be predicted 
within a very narrow range. Quartz was invariably the 
heaviest mineral ( 8 = +10.5 %· relative to Hawaiian sea 
water) and magnetite was the lightest ( 8 = +2%0). Feld-
spars fell in a range 1 or 2 permil _ lighter than quartz. 
Metamorphic rocks have been analyzed by Silver-
man (93), Taylor and Epstein (103), Taylor, Albee and 
Epstein (100), Garlick (39), and Garlick and Epstein (40). 
9 
These investigators reported much 1vider variations in 
o18/o 16 ratlos than exist in igneous rocks, and also found 
that the oxygen of metamorphic silicate rocks is generally 
heavier than that of igneous rocks. Isotopic fractlona-
tions between minerals are generally related to meta-
morphic grade. 
Hydrogen isotope variations in igneous and 
metamorphic rocks have been measured by Godfrey (43) and 
Taylor and Epstein (101). Godfrey found a wide range of 
variation of D/H ratios in rocks from the Sierra Nevada 
and Yosemite National ?ark. Taylor and Epstein re-
ported measurable D/H fractionations between coexisting 
minerals and suggested that there exists at least a rough 
correlation between fractionation and temperature. They 
found no relation between o18/o 16 and D/H ratios. 
2.3 Waters 
Virtually all weathering processes take place 
in the presence of water. Many of these processes include 
hydration reactions. In addition, most sediments are 
transported by water, deposited in bodies of water, and 
subject to cementation and diagenetic changes in the 
presence of either trapped or mobile ground water. It 
should be expected, then, that the isotopic composition 
of these waters would have a bearing on the isotopic 
composition of the sediments. There 1s a large body of 
10 
data on the isotopic composition of natural waters, and 
a few of the more pertinent points will be reviewed. 
Epstein and Mayeda (35) demonstrated that there 
was only a narrow range of oxygen isotopic composition of 
deep ocean waters, and they showed that fresh waters were 
isotopically very variable, all being lighter than sea 
water and having a total o18/o 16 range of about 45%0. 
Friedman (37) measured hydrogen isotope variations in a 
variety of waters, and found a linear relationship between 
the oxygen and hydrogen isotope ratios. Craig (20) meas-
ured the o18/o16 and D/H ratios in a very large number of 
meteoric waters and showed that for nearly all samples 
except those from closed basins and hot springs in which 
evaporation was an important factor, the relationship 
0 D (%) = O. 8 0 0 18 (%0) + 1. 0 (2-1) 
was valid. This relationship depends to a large extent on 
the presence of both oxygen and hydrogen isotopic equili-
brium during evaporation and condensation processes. It 
has been discussed in detail by Craig, Gordon and Horibe 
(21 ) " 
Clayton .Q1 ~. ( 14) have shown that the waters 
of brines from oil fields in Michigan and Illinois do not 
fall on the line described by equation (2-1). They in-
terpret their data as demonstrating oxygen isotopic ex-
change between meteoric water and marine carbonates in a 
11 
closed system where the amount of water was small enough 
so that the exchange markedly changed the 1sotop1c com-
positions of the waters as well as that of the minerals. 
It should be expected that the isotopic com-
positions of most waters encountered in sedimentary 
processes may be described by the relationship 
OD (%) = o.s 8 0 18 (%.) + 1. 0 
However, in some cases, non-equilibrium evaporation or 
exchange with rocks may drive the isotopic composition 
away from this line. 
2.4 Laboratorl studies of isotopic fractionations 
A number of experimental studies of equili-
brium oxygen isotope fractionat1ons between minerals and 
water have been performed by several workers. Exper-
imentally determined fractionation factors are shown 
graphically in figure 1 for the following minerals with 
water: quartz, feldspar, calcite, muscovite, magnetite, 
and phosphate. 
Clayton (12) and O'Neil and Clayton (77) have 
sho·wn that the logarithm of the calcite - water frac-
tionation factor varies linearly with 1/T2 over a tem-
perature range o0 c to 75000. This is in accord with the 
theory of isotope fractionations which is discussed in 
Chapter 3. The high temperature data of other mineral -
12 
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Figure 1. Experimentally determined values of mineral-water oxygen 
isotope fractionations factors linearly extrapolated to low tempera-
tures 
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water fractionations have been fitted to curves in 1000 
2 ln a, and 1/T by least squares methods, and these curves 
have been extrapolated to low temperatures. The extra-
polated curves should be expected to yield at least 
semi-quantitative data on equilibrium fractionations under 
sedimentary conditions. This has been done for the quartz -
water data of Clayton, 0 11Ieil and Mayeda (16), the feld-
spar - water data of O'Neil and Taylor (80) and the 
muscovite - water data of O'Neil and Taylor (79). 
O'Neil and Clayton (77) studied the magnetite -
water system between 4oo0 c and 800°0. By combining their 
experimental data with an observed fractionation between 
a magnetite chiton tooth they were able to describe the 
magnetite - water fractionation between 9°c and 8oo0 c. 
Longinelli (64) has measured the phosphate -
water fractionation in mollusc shells grown at a range of 
low temperatures. 
The experimental and extrapolated oxygen isotope 
fractionation data indicate that at low temperatures 
fractionations between minerals may be very large (up to 
25 per mil or more). Minerals in isotopic equilibrium 
with most natural waters can be expected to be isotopically 
heavier than igneous and metamorphic minerals. Also, 
there is a much larger temperature dependence of frac-
tionation factors at low temperatures than there is at 
high temperatures. 
14 
J?reliminary experiments on hydrogen isotope 
fractionations in the serpentine - water system by Epstein 
and O'Neil (unpublished data) indicate that at temperatures 
of 200°0 to 40o0 c the water is approximately 2% richer in. 
deuterium than is the serpentine. 
2. 5 Sediments 
The carbonates were the first group of sed-
imentary minerals to be studied isotopically with mode~~ 
methods. In conjunction with the paleotemperature scale , 
McCrea(69) and Epstein ~ ~. (34) developed reproducible 
analytical techniques for the acid extraction of 002 
from carbonatese Epstein ~ ,gl. (33, 34) showed that 
many calcite secreting organisms laid down their shells ill 
isotopic equilibrium with the water in which they grew. 
They could thus be used as indicators of the temperature 
of the environment of growth. 
Degens and Epstein (27) examined the oxygen 
isotopes in a large number of coexisting marine carbonates 
and cherts, formed throughout the range of post J?recambrian 
times. They observed a marked trend for the oxygen of 
better preserved carbonates and of coexisting cherts to 
become lighter with increasing age. This information, 
combined with the fact that paleotemperatures measured in 
non-recrystallized fossils as old as the Permian show 
waters 1sotopically similar to those found today, led the 
15 
authors to the conclusion that the older carbonates have 
undergone more exchange with isotopically light fresh 
waters than have the younger ones. 
Keith and Weber (56) have produced a great mass 
of data on carbonates demonstrating the above relationship 
of 8O18 and time, but Weber ( 112) interprets it as being 
the result of changing isotopic composition of sea water. 
Only a small body of data exists on o18/o16 
variations in the non-carbonate sediments. As mentioned 
earlier, Baertschi (3) observed that sediments were iso-
topically much heavier than igneous rocks. In particular, 
quartzites tended to be very heavy. He interpreted this 
as the result of exchange of oxygen between water and the 
minerals under sedimentary conditions. Silverman (93) 
observed the same relations, but correlated the degree to 
which a quartzite was heavier than igneous quartz with the 
amount of secondary quartz it contained. 
Taylor and Epstein (102) measured the oxygen in 
a number of soils and shales. They found that soils had a 
very wide range of o18/o16 ratios and were heavier than 
igneous materials in most cases (+10 to +16 relative to 
SMOW). The isotopic ratios varied with the concentration 
of quartz and with the degree of weathering. The small 
number of shales measured were found to have a spread' of 
o18/o16 ratios from +14 to +18/~orelative to SMOW. 
The few arkoses, meta-arkoses and quartz sand-
16 
stones measured by Silverman (93), Clayton and Mayeda (15), 
Taylor and Epstein ( 102) tend to have 8018 between +11 
and +16%0 relative to SMOW. 
18 16 The range of 0 /0 ratios in diatomites, 
cherts, and other forms of authigenic silica is +15 to 
+33%o (Silverman (93), Degens and Epstein (27)). The 
heavier values presumably represent silica in or approach-
ing isotopic equilibrium with sea water, and the lighter 
values are the result of various degrees of exchange with 
fresh waters. 
In summary, the previous knowledge of the oxygen 
isotope variations 1n sediments indicates that the measured 
isotope ratios may be traced on a gross scale to the 
origins of the different minerals within a rock. Un-
weathered detrital components from igneous and metamorphic 
rocks are generally isotopically light. Minerals which 
have a sedimentary or low temperature origin a.re iso-
topically heavy. Of the minerals of sedimentary origin, 
at least calcite and amorphous silica appear to be subject 
to isotopic exchange with waters at sub-metamorphic tem-
peratures. 
The ranges of o18/o 16 ratios measured in sed-
iments by previous workers are shown graphically in figure 
2. 
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CHAPTER III 
THEORY 
3.1 Introduction 
In this chapter processes which could affect 
the isotopic compositions of minerals in the sedimentary 
environment are discussed. Included in the discussions 
are isotopic equilibrium exchange processes, .kinetic isotope 
fractionations, and the kinetics of isotopic exchange in 
solids. 
3.2 Isotopic eguilibrium 
Isotopic equilibrium can be described in terms 
of an exchange reaction of the type 
aA +bB~r 
r s = a A* + b B r s 
where a and b are coefficients and A and B denote two 
compounds containing r and s atoms respectively of the 
isotopes being exchanged. The asterisk denotes the 
compound which contains the heavy isotope. As with any 
chemical reaction 
a r :: b s 
We can write an equilibrium constant for the exchange 
19 
reaction in the usual manner 
K = 
a b 
(A) (B*) 
This equilibrium constant is related to the statistical 
mechanical partition functions by the relationship 
K = (3-1) 
where the Q's are the partition functions defined by the 
equation 
Q = (3-2) 
where gi is the degeneracy of the ith quantum state and 
E1 is its energyo 
A widely used treatment of isotope equilibrium 
was developed by Bigeleisen and Mayer (5) for the case of 
ideal gasses of non-interacting particles. In this 
treatment it is assumed that the only important con-
tributions to the energy of the molecule result from 
translational, rotational, and vibrational .motions and 
that there is no interaction between these three types 
of motion. The translational portion of the partition 
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function can be treated classically at all temperatures 
above a few degrees Kelvin, because the energy levels are 
so closely spaced. Within the limits of the accuracy of 
the calculation, the rotational partition function also 
can be approximated by the classical expression at room 
temperature and higher except for some molecules contain-
ing hydrogen. The vibrational portion of the partition 
function is approximated by that of a harmonic oscillator. 
The partition function expressions for vibration, rotation 
and translation are multiplied together to obtain the 
complete partition function. Talcing the ratio of the 
complete partition functions for the molecules containing 
the light and heavy isotopic species and simplifying the 
resulting expression with the Teller - Redlich relationship 
which relates moment of inertia, atomic and molecular 
weights, we get a quotient of the type 
Q 2U ~'(- -u*/2 (f )2 uj e j -u A = () TI 1-e ~ 0-3) - - • 0 Q* o)f j uj e-Uj/2 -u 
A (J 1-e j 
where uj = h vj/kT, theO- 's are symmetry numbers, M's are 
the atomic weights of the substituted isotopic species, 
and n is the number of atoms of the isotopic species per 
molecule which is exchanged. · The equilibrium constant 
is obtained by calculating a similar expression for the 
partition functions of compound B, the second compound in 
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the exchange reaction and then taking the ratio of the two 
expressions, each raised to the appropriate power, as in 
equation (3-1). This expression is exact, but its use-
fulness is limited by the assumptions that the system is 
an ideal gas of non-interacting particles and that the 
molecules are rigid rotor-harmonic oscillators. In fact, 
there is not complete separation between the rotational 
and vibrational modes and molecules are not strictly 
harmonic oscillators. Vibration-rotation coupling is 
generally ignored in calculations of this type, but the 
effects of anharmonicity can be significant. The vibra-
tional partition function is often corrected by a 
multiplicative correction factor which is experimentally 
determined. For some molecules containing hydrogen, 
especially linear and diatomic ones, the rotational 
partition function cannot be approximated by the classical 
expression at room temperatures, and the quantum expression 
must be used. 
Bigeleisen and Mayer (5) and Urey (105) have 
developed approximations to make the calculations less 
tedious. The chief importance of the approximations as 
far as this discussion is concerned is to show clearly 
that the logarithm of the equilibrium constant varies 
as 1/T for large values of u (low temperature or high 
frequency) and as 1/T2 for small values of u (high 
temperature or low frequency). 
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When the equilibrium constant is calculated 
by taking the ratios of two expressions of the type (3-3), 
the terms for the ratios of the masses cancel. The im-
portant terms are then those containing the frequency, or 
--X· . 
u. Of these terms, e-u/2;e-u/2 is a result of the 
difference in zero point energies of the molecules 
containing the isotopic species relative to the potential 
-u -u* 
energy minimum of the bonds. The term 1-e /1-e is a 
result of the differences of vibrational energy levels, 
and the term u*/u corresponds to the translational and 
rotational terms. 
A large number of calculations have been made 
by this and similar techniques for isotopic exchange 
involving gases and ions in solution. Urey (105) has 
tabulated the results of some of these calculations and 
compared them with experimentally determined values where 
available. The agreement betw·een the experimental and 
calculated values is generally quite good, especially 
considering that the actual systems do not always show 
the ideal behavior assumed in the postulates of the 
calculations. 
The partition function ratio for liquid 
water may be obtained by multiplying the experimentally 
determined vapor-pressure ratio of the isotopic species 
by the calculated partition function ratio for the gas 
phase. 
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liq gas 
Q 18 Q 18 
H 0 ~o :P~0 18 2 
= • liq gas ;pH 016 
Q 16 Q 16 2 
~o H 0 2 
where :P~0 18 and :P~0 16 are the partial pressures of the 
two water molecules. 
McCrea (69) extended the above calculations to 
include the crystalline state of the calcite - water system. 
He considered a different set of energies and corresponding 
partition functions than the translational, rotational 
and vibrational energies used in the gas state calculations. 
Rather he used the internal vibrations of the carbonate 
ion, the vibrations of the lattice positions, and the 
restricted rotation of the carbonate ion within the lattice. 
He then calculated the partition function for the vibration 
of the lattice positions in terms of a Debye function which 
relates the vibrations of the lattice positions to the 
accoustical properties of the crystal. The partition 
function for rotation of the carbonate ion is treated as 
a type of vibration and calculated using an Einstein 
function which assumes each atom acts as an independent 
harmonic oscillator. Calculations performed in this way 
were in good agreement with the experimental values which 
24 
:HcCrea measured. 
One more step remains in relating calculated 
values of the equilibrium constant to measurable quantities. 
The quantity which is experimentally determined is the 
fractionation factor, a . If we assume that the isotopes 
are randomly distributed through the molecules so that 
there is no intra-molecular fractionation and that isotopic 
equilibrium prevails, then, since in the exchange reaction 
A + b B* A* a r $ = a r + b Bs 
[A] [o1s r 
= ~ 018 )' -[A J - [ol6r 016 
we obtain the expression 
( 018 
r f~rtr {[A~r 01s) A= I K~s a [A] [A] Kar-= = = 
( 018) n:~ rs~tu_ - bs 016 B [8 J 
It will be noted that .the relationship 
between equilibrium constant and fractionation factor is 
exact only when the isotopes are randomly distributed in 
a particular molecule. This is generally valid to within 
experimental error. The greatest deviation from ideality 
in this sense which is of any concern here is 1n the 
reaction 
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for which the equilibrium constant, K = 3.26 at 25°0 
rather than the ideal value of 4. As can be seen in 
Table 1, even this large intramolecular fractionation has 
little effect on the measured (HD)/H2 ratio when dealing 
with the low abundances of deuteritim norm.ally found in 
nature. It could be important in highly spiked deuterium -
rich systems used in experimental tracer studies. For 
the remainder of the present work it will be assumed that 
intrarn.olecUlar fractionations are negligible. 
TABLE 1 
Effect of intramolecular fractionation 
on measured D/H ratio 
H/D ratio 
HD 
ideal H;' (K=4) 
HD 
actual li2 
K=3.26 
percent 
deviation 
1 
5000 
2 
-4 4x10 
1.806 
4.oox10-4 
Because the equilibrium constant is the quotient 
of the two partition function ratios, each raised to the 
appropriate power, and because the ratios are large 
numbers, similar in magnitude, a very small error in the 
partition function ratios may result in a much larger 
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error in the equilibrium constant and a very large error 
in the calculated 8 -values of minerals in isotopic equili-
brium. The theoretical treatments are therefore more 
useful in understanding the isotope fractionations 
observed and their temperature dependence than they are 
in predicting fractionation factors. 
3. 3 lfon-eguilibriurn cpnsiders,tions 
The isotopic compositions of minerals may not 
always be determined by processes which lead to isotopic 
equilibrium. Kinetic isotope fractionations are due to 
differences in reaction rates or translational velocities 
of molecules containing different isotopic species. An 
example of a kinetic effect which is the result of dif-
ferent reaction rates of isotopically substituted molecules 
is observed in the electrolytic decomposition of water. 
A kinetic effect which is the result of varying velocities 
of the isotopic species is found in the reactiQn of o2 
with a hot carbon rod to form 002 (Taylor and Epstein (103). 
Cognizance must be taken of the possibility that kinetic 
effects in the formation of sedimentary minerals might 
occur during precipitation from solution and in hydration, 
dehydration and other reactions in which hydrogen and/or 
oxygen are gained by or lost from a solid phase. 
Sometimes the conditions under which a reaction 
occurs can preclude the attainment of isotopic equilibrium. 
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The rapid precipitation of calcium carbonate from aqueous 
solution is an example of such a case. McCrea (69) showed 
that calcium carbonate, when slowly precipitated, forms 
in isotopic equilibrium with water, but when it is pre-
cipitated rapidly its isotopic composition is that of the 
bicarbonate ion in solution. Under conditions of rapid 
precipitation there is not sufficient time for the 
carbonate of the solid to equilibrate with the water 
before it is shielded by overlying, subsequently formed 
layers of the crystal. While this is not a kinetic 
effect in the sense in which the word is used here it is 
an example of an effect which can cause a mineral to have 
an isotopic composition reflecting formation under non-
equilibrium conditions. 
3.4 Diffusion and kinetics of isotope exchange 
The rate at which a solid attains isotopic 
equilibrium with its environment is governed by the rate at 
which the exchanging isotopes can enter, move through and 
leave the crystal. In some instances exchange may occur 
through the mechanism of solution and redeposition (O' Neil 
and Taylor (80)). In other instances exchange may occur 
by diffusion of the exchanging isotopes. 
Urey~ .§1.. (107) considered the problem of 
solid state diffusion of carbonate ions in calcite in 
conjunction with the durability of isotope records in the 
28 
calcite - water paleotemperature scale. Using questionable 
values for the diffusion coefficient, they calculated that 
at 20°0 a crystal 1mm. on an edge would retain 96.4 percent 
of its original isotopic composition relative to a new 
equilibrium position over a period of 700 x 106 years. 
At a temperature of 10000 this time is reduced to 64 x 103 
years. Because these calculations suggest that solid state 
diffusion could be important in some diagenetic environ-
ments if not for strictly sedimentary ones, and because 
many of the minerals dealt with in this study are extremely 
fine grained, ( <10 f4, the calculations for solid state 
diffusion will be reexamined. 
Urey~~. (107) give the diffusion equation 
for a cube as 
3 
-a(2m+1) 2 
1 e 
(2m+1) 2 
where 
a= D TT 
2 t 
12 
Q/Q · .. = fraction of exchange left to go 
0 
t = time 
D = diffusion coefficient 
1 = length of the edge of the cube 
(%)-(~\ 
= 0 1 QO 016 )t 
(01s) (Z) 0 ;: o 1 6 initial 
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These writers have calculated that when a= 0.1, Q/Q = 
0 
o.461. Figure 3 is a graph of diffusion coefficient vs 
time for 53.9 percent exchange (or 46.1 percent retention 
of the isotopic record) for solid cubes of edges 100µ, 
1 O µ, 1 µ , and o. 1µ • This graph can be used as an aid to 
understanding the importance of diffusion 1n the solid 
state for fine grained minerals. 
The evaluation of diffusion coefficients of 
oxygen and hydrogen in solids is difficult. While a few 
measurements are available from the rates of exchange 
experiments, most are calculated from electrical 
conductivity measurements and assumptions as to the amount 
of the current which is carried by the migrating species 
of interest. 
Verhoogen (109) has calculated the diffusion 
coefficient for oxygen in quartz at 500°0 parallel to the 
~ axis, based on the assumption that all the current was 
carried by diffusing oxygen ions. His data can be extrapo-
lated to low temperatures, but the extrapolations are 
fraught with uncertainties. Eased on conductivity meas-
urements in calcite and the assumptions that the carbonate 
ion provides one :percent of the current carying species, 
Urey et ~. (107) have calculated the diffusion coefficient 
for calcite. Anderson (116) has measured the diffusion of 
co2 in calcite and his results have been extrapolated to 
low temperatures. Garlick has estimated the diffusion 
-28 
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Figure 3. T:iJne for .53.9% exchange by diffusion in solids plotted as 
a function of diffusion coefficient 
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coefficient of volcanic glass based on the amount of 
isotopic exchange which occurred in fine grained (0-6J-l) 
volcanic glass shards in a Miocene ocean sediment. The 
results of the above calculations are listed in Table 2. 
TABLE 2 
Estimated values of diffusion coefficients 
in minerals at low temperatures 
Postu-
D lated Type 
Diffus. of Temp. cm2/sec Mineral species data oo Ref. 
003 20 
-23 Urey .§1 ~. Calcite conduc- . 4.4x10 
tivity 
4.8x10-20 ( 107) 100 
Calcite 002 dif fu- 0 3.2x10-23 .Anderson 
sion 
4.3x1o-22 27 ( 116) 
Quartz o- con due- 0 1. 2x1 O -23 Verhoogen 
tivity 
2.9x1o-21 ( 109) 27 
Volcanic exchange 2 l"J 10-23 Garlick 
glass of 
natural (39a) 
sample 
A comparison of the data of Table 2 and the 
theoretical lines of figure 3 for 53.9 percent diffusion 
shows that diffusion in the solid state cannot be dis-
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missed as a mechanism for isotope exchange in the fine 
grained sedimentary minerals. ~'ven if diffusion coef-
ficients have been over estimated by three or four orders 
of magnitude this mechanism might be important in some 
sedimentary environments for crystals with dimensions of 
1oµorless. 
A number of attempts have been made to exchange 
the hydrogen (and oxygen) of the hydroxyl groups in clays. 
(McAuliffe tl ~.(68), Roy and Roy (90), Halevy (51)). 
All of these experiments were designed to measure rates of 
exchange and were not capable of measuring fractionation 
factors. The results of the work of Roy and Roy indicate 
that while at room temperature the rate of exchange is 
very slow, at temperatures of 190°0 it is noticeable in 
22 days and at temperatures of 370°0 it is very marked in 
a period of a month. These authors conclude that isotopic 
exchange of hydroxyl hydrogen of lcaolini te should be 
significant even at low temperatures over geologic time. 
The experimental results of the present study 
indicate that at temperatures of o0 to 5°0 there is no 
isotopic exchange of hydrogen between clay minerals and 
water over periods of 250,000 to 500,000 years. At 
temperatures substantially above room temperature but 
below metamorphic temperatures, exchange between clay 
minerals and water probably occurs quite readily. However, 
as the data of Garlick (39a) have shown, over periods of 
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millions of years at ocean-bottom temperatures could be 
significant. 
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CHA.J?TER IV 
EXFERIMENTAL TECHI:~IQUES 
4.1 4vdrogen isotope measurements 
The most important hydrogen bearing minerals 
of sediments are the clays. In some sediments hydrous 
oxides and amorphous compounds may also contain significant 
amounts of hydrogen • 
.All clay minerals contain hydroxyl groups as 
part of the octahedral layers of the silicate framework. 
In addition many clays contain molecular water which 
occupies structural positions between the layers of the 
aluminosilicate framework and also contain varying amounts 
of adsorbed water. 
The adsorbed water and the interlayer water 
may be removed from the clay minerals by heating to low 
temperatures or even at room temperature in a vacuum. 
The conditions necessary to remove this water are dis-
cussed in detail in section 4.5. The hydrogen of the 
hydroxyl groups may be evolved by heating the clays to 
temperatures of 800° or 900°0 . At these temperatures 
most of the hydrogen is evolved as H20 but some may be 
evolved as molecular hydrogen. As Will be pointed out 
a later section, the interlayer and adsorbed water were 
in 
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found to be labile. Because no precautions were taken 
during sampling, storage, and preparation of materials 
to prevent exchange of this water with the atmosphere, 
its isotopic composition as measured in the laboratory 
was not representative of its composition in the natural 
environment. It was therefore usually desired to remove 
the interlayer water and then to extract the hydroxyl 
hydrogen for mass-spectrometric measurement. 
The apparatus used for the extraction of 
hydrogen from minerals is shown schematically in figure 4. 
The procedure used consists of three parts, the removal 
of interlayer and adsorbed water, the conversion of all 
the hydroxyl hydrogen to ~o , and the subsequent conversion 
of this ~O to H2• Usually 75 to 200 mg of a finely 
ground sample is weighed into a quartz glass boat which is 
placed in the quartz glass part of the line. The line is 
then evacuated while heating to a temperature between 
125° and 250°0. These temperatures have been determined 
to be sufficient to permit the removal of the adsorbed 
and interlayer water in a period of two to three hours 
(Section 4.5). After outgassing the sample , the stop-
cocks to the vacuum pump are closed, the furnaces are 
0 
raised to 900 c, and the water evolved is collected in 
trap T 1. Any hydroxyl hydrogen evolved as molecular H2 
is converted to water by hot CuO placed in the furnace 
next to the sample boat. After heating the sample at 
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900°c for at least three hours, the furnace is isolated 
from trap T 1 by means of a stopcock. Trap T 1 is then 
warmed in a dry ice bath, permitting any co2 present to 
be pumped away. The water is transferred from trap T 1 
to trap T 2 and allowed to wann and pass through the 
furnace containing uranium filings heated to 675°c. The 
uranium reduces the ~O to H2 which is pumped into the 
manometer by the Toepler pump. After measuring the volume 
of the gas it is forced into a sample tube and measured 
mass-spectrometrically. 
The mass spectrometer used for hydrogen isotope 
measurements is similar to the mass spectrometer commonly 
used for C02 analyses (Nier (75), McKinney~~. (70)), 
with modifications because of the large relative mass 
difference between hydrogen and deuterium (Nier (75), 
Friedman (37)). An extra arm, containing the mass-2 
collector is added to the mass spectrometer tube, since 
if the mass-3 beam is deflected 60° , the mass-2 beam is 
deflected 71°. 
The mass spectrometer reference gas is produced 
from an aliquot of a distilled water sample. The isotopic 
composition of the reference gas is established through 
its relationship to a water sample, LJ-2, furnished to this 
laboratory by Professor Harmon Craig. Craig has determined 
the isotopic composition of LJ-2 to be -0.3 percent 
relative to S.M.O.W. The o-value of LJ-2 relative to the 
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mass spectrometer standard is +7.20 percent. Therefore 
S.M.o.w. has a 8-value of +7.49 percent relative to the 
mass spectrometer reference gas, or the mass spectrometer 
reference gas has a 8 -value of -6.97 percent relative 
to S .M. O. W. By Craig's ( 19) definition, (D/Hkr.i.o.li= 1. 050 
(D/H)N.B.s.- 1 • N.B.S.-1 is a water standard obtainable 
from the National Bureau of Standards. 
The working standards used in the hydrogen 
isotope measurements of this work were a water with a 
8-value ·of -6.71 percent and a kaolinite sample {Wards 
No. 492, Langley, s. Carolina) which has a O -value of 
-5. 67 percent. 
The water standard is introduced into the 
hydrogen line ·by means of a sealed glass capillary. The 
capillary is broken inside the line and converted to 
hydrogen as described above. Average deviation from the 
mean of the 8 -value of the secondary standard is o. 16 
percent for 18 runs as may be seen in Table 3. 
Memory effect in the measurement of waters is 
less than one percent as may be seen by the results in 
Table 4. This is negligible because of the small total 
range of isotope ratios measured. 
The reproducibility of hydrogen isotope meas-
urements on minerals containing interlayer water is not as 
good as that for water analyses, as is evident from the 
data in Table 3. This is not surprising as the isotopic 
39 
composition of the hydroxyl hydrogen of these clays may 
be affected if the interlayer water is not completely 
removed, or.if there is not a sharp separation between 
the removal of interlayer water and the evolution of 
hydroxyl hydrogen. 
TABLE 3 
:Precision of hydrogen isotope measurements 
Sample No. Runs OD Average 
(:percent) Deviation 
li:20 Std. 18 -6.71 0.16 
Kaolinite 10 -5.67 0. 18 
Langley, s.c. 
Montmorillonite 9 -9.92 0.30 
Clay Spur, Wyo. 
Glauconite R-13 4 -8.63 0.38 
TABLE 4 
Memory effect in hydrogen isotope measurements 
Run # Sample OD Memory (percent) 
187 H20 Std. - 6.62 
188 H20 Std. - 6.79 
189 162-S:P-25 
-38.55 
190 ~O Std. 
- 7.00 <1% 
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4.2 Oxygen isotope measurements 
Extraction of oxygen from silicate and oxide 
minerals for measurement in the mass spectrometer was 
done in most cases by a fluorine oxidation method. 
Occasionally bromine pentafluoride was used instead of 
fluorine. co2 was extracted from carbonates by reaction 
with phosphoric acid. A few water samples were analyzed 
using a special bromine pentafluoride technique (O'Neil 
and Epstein (78). 
A. Fluorine and bromine pentafluorJde oxidation 
The fluorine oxidation technique has been 
described in detail by Taylor and Epstein (103). The 
bromine pentafluoride method has been discussed by Clayton 
and l-1ayeda (15) and by Garlick (39). For the present 
work a line was constructed capable of using either of 
these reagents (figure 5). The procedures used are 
essentially those of the above mentioned authors, and 
will be discussed only where significant variations from 
the published proce~ures were used. 
W'hen the line is used for fluorine reaction, 
the KBr furnace bypass valve, V-7, is kept closed. The 
manifold is placed in the drybox with samples to be 
loaded in the presence of ?2o5 drying agent for a period 
of at least 24 hours prior to loading. (The significance 
of the drying time will be discussed in section 4.5 which 
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deals with the conditions of removal of adsorbed and 
interlayer water in clay minerals). Minerals are reacted 
with a 3-fold or 4-fold excess of fluorine, generally at 
a temperature of 475°0 for silicates, but higher for 
oxides. After reaction, the gas passes through trap T 2, 
the KEr furnace and traps T 3 and T 4. After passing 
through these traps, the sample consists of oxygen, some 
nitrogen (contaminant in the fluorine), and possibly 
traces of untrapped halogens. It is pumped with the 
Toepler pump into the part of the line containing the 
carbon rod conversion vessel and trap T 5. Stopcocks 
S 8 and S 9 are closed at this time to prevent back 
diffusion into the metal part of the line. Carbon 
dioxide is trapped in trap T 5 and the conversion vessel 
is cooled with cold water. Ey the time the sample has 
been collected in this area of the line (about one half 
hour) all the oxygen should be converted to co2 and 
trapped out. The remaining gas gives the pink color of 
nitrogen when excited with a Tesla coil. As a precaution, 
at this point stopcock S 4 is closed and stopcock S 8 
is opened to allow the nitrogen and any remaining oxygen 
to circulate over the carbon rod for ten minutes, com-
pleting the conversion of the oxygen. The nitrogen is 
pumped away and the volume of the C02 is measured in the 
manometer. As a precautionary measure, the C02 is 
circulated over hot mercury prior to isotopic analysis. 
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This step serves to remove any fluorine» bromine, or 
bromine pentai'luoride compounds which might inadvertently 
escape entrapment in the liquid nitrogen traps, and was 
instituted to safeguard the mass spectrometer from 
contamination and from possible malfunction. 
When bromine pentai'luoride is used rather than 
fluorine, the KBr furnace is closed off by valves V 5 and 
V 6, (figure 5) and the bypass valve, V 7, is used to 
admit the oxygen gas into the glass part of the line. 
Since the BrF5 reagent contains no nitrogen gas, the 
,oxygen can diffuse rapidly and completely to the carbon-
rod conversion vessel without the aid of a Toepler pump. 
The 002 formed at the hot carbon rod is frozen out in 
trap T 5. The rate of conversion can be followed by 
means of a thermocouple vacuum gauge. 
For many minerals, bromine pentafluoride 
oxidation must be done at higher temperatures than 
fluorine oxidation. At these higher temperatures a 
copious coating of hygroscopic metal fluorides forms 
on the walls of the reaction tubes. Therefore , care must 
be taken to assure that the drybox is extremely dry 
before opening these reaction tubes used with BrF5 to 
load the new .samples. Otherwise, water in the drybox 
atmosphere will be adsorbed by these fluorides and yield 
contaminating oxygen in the course of the reaction. 
After circulating the sample over hot mercury, 
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its isotope ratio is measured mass-spectrometrically. 
The working standard for oxygen isotope 
measurements is a sample of quartz from the St. Peter 
sandstone. The 8O 18 value of this standard was determined 
by Garlick (39) to be +10.95 permil, by comparison with 
Silverman's St. Peter sandstone (93). If this deter-
mination is in error, all reported values will have to be 
corrected by adding the difference between the true value 
and 10.95 permil. 
There are long term fluctuations of over one 
permil in the 8 -value of St. Peter sandstone measured 
on the mass spectrometer. This is probably due to 
variations in the isotopic composition of the mass 
spectrometer reference gas. 
The isotopic composition of the mass spectrometer 
reference gas was checked regularly by analyzing oxygen 
extracted from the St. Peter sandstone standard. An 
aliquot of this standard was included in each set of six 
samples. ~he results of the St. Peter sandstone analyses 
were plotted sequentially and a smooth curve was drawn 
through the data. The 8-value taken from the smooth curve 
was assumed to be the true 8 -value of St. Peter sandstone 
relative to the mass spectrometer reference gas. Average 
deviation of measured · 8-values from the 8-values read 
from the smooth curve was o. 2 permil. . The 8 -value of 
the mass spectrometer reference gas relative to S.M.o.w. 
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at any time was calculated using the 0-value of St. Peter 
sandstone relative to the reference gas at the time of 
analysis of a sample. 
B. Carbonate extracti on 
Standard methods (McCrea (69), Epstein~ .§:1.. 
(34)) were used to extract co2 from carbonate minerals. 
8 -values reported are for the total oxygen of the mineral 
rather than merely the acid-extracted portion. The acid 
fractionation factors used are 1.01008 for calcite and 
1.01090 for dolomite, after Sharma and Clayton (91). 
c. Water extraction 
A few samples of water were analyzed by 
oxidation with bromine pentafluoride on a line constructed 
for that purpose (O'Neil and Epstein (78)). Except for 
the manner in which the sample is introduced into the 
line, the procedure is similar to that described above 
for fluorine and bromine pentafluoride oxidation of min-
erals. 
4. 3 Mass. sriectrometer and. other correctio,ns 
The experimentally determined isotope ratios 
were all corrected and reported as 8-values relative to 
s.M.o.w. The correction factors used are explained below 
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A. Hydrogen 
The hydrogen mass spectrometer simultaneously 
measures and compares abundances of mass-2 and mass-3. 
The raass-3 beam consists of both RD+ and H3 ions. The 
-1-H3 ions are produced in the mass spectrometer source and 
a correction must be made for their contribution to the 
mass-3 signal. This correction has been described by 
Kirshenbaum (61) and Friedman(37). If the voltage divider 
resistance is denoted by R, the measured 8-value by 
8 and we define a term LR as being equal to R at 
m 
normal operating intensities minus R when linearly 
extrapolated to zero beam intensity then 
Om= R sampl~ - R std 
R std - 6 R 
x 100 
om is subject to multiplicative corrections due to mass 
spectrometer background and leakage through the switching 
valves. There are also both multiplicative and additive 
corrections in converting the raw data to 0-values 
relative to the standard S.M.O.W.. The correction factors, 
listed in their order of application, are given below. 
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i .. N:ul tipl i catiye cor rect i ons 
a. leakage through switching valves 
b. mass spectrometer background 
c. change of standard 
TOTAL 
ii . Additive correction 
a. change of standard 
B. Oxygen 
.'f. 1.019" 
1.002 
0 .. 9303 
0.9498 
-6.97 
All fluorine - extracted samples contain a small 
amount of oxygen contaminant from the fluorine reagent. 
This blank is 9. 2 µ mol of oxygen with a 8-value of 
+6. 7 permil. The blank correction is seldom more than 
a few tenths of a permil and depends on both the 8-value 
and the size of the sample. 
The mass spectrometer measures the ratio of the 
mass 46 beam to the mass 44 and 45 beams . Because of the 
presence of 013 and 017 species 8 (~) is unequal to 
~ 018 
o - 6 which is the value of interest . The derivation of 01 
the correction factor for this correction is given by Craig 
(20a).. If numbers appropriate to the mass spectrometer 
*The correction factor for leakage through the 
switching valves was variable and was occasionally as 
small as 1.015. 
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standard are substituted into this derivation, the 
measured o is denoted by 0 and the corrected 0 by 
rn 
0 we obtain the expression 
c' 
0 0 18 = 1.001 
c 
8 + 0. 009 0 0 1 3 
m 
However, since all 002 samples have essentially the same 
carbon isotopic composition, including the quartz stand-
ard, St. Peter sandstone to which all measurements are 
ultimately referred, we can neglect the additive term in 
30 13 and use only the multiplicative correction 1.001. 
The corrections and the correction factors for oxygen are 
listed below in the order of their application. 
i. Multiplicative 
a. c13 and 0 17 correction 
b. mass spectrometer background 
1. 001 
1.018 
c. leakage through mass spectrometer 1.008. 
valves 
TOT.AL 1.027 
ii. Blank correction 
a. differs for each sample-material balance 
iii. Multi plicative 
a. change of standard 1.024 
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iv. Additive 
a. change of standard - variable 
approx. 
4.4 Sample preparation and treatment 
+24.5 
Mineral separations in coarse-grained materials 
were done in the usual ways, using magnetic susceptibility 
techniques ·where possible and heavy liquids where nec-
essary. Quartz was sometimes cleaned of iron oxide 
coatings by heating in aqua regia and was occasionally 
separated from feldspar of the same magnetic succeptibility 
by washing for a few minutes in cold HF. This method 
should have no effect on the isotopic composition of 
isotopically homogeneous quartz and was not used on quartz 
which appeared petrographically to have secondary over-
growths. 
Fine-grained materials were generally subject 
to few or no separation procedures. The processes by 
which the samples were prepared for analysis depended upon 
the nature of .the particular samples and upon whether they 
were being prepared for hydrogen or oxygen analysis. 
A. Preparation of samples for hydrogen analysis 
Samples which appeared dry were ground in an 
agate mortar to finer than 100 uesh. They were subject 
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to no other treatment or precautionary measures to protect 
them from atmospheric moisture. Samples which did not 
appear dry, such as fresh ocean bottom cores were allowed 
to dry in the air at room temperature for periods ranging 
from a few days to a few weeks. They were then subject 
to the same treatment as dry samples. 
B. Preparation of samples for oxygen analysis 
i. Ocean bottom sediments 
Ocean core samples were subject to treatment to 
remove salts of sea-water, to remove carbonate minerals, 
and to separate them into coarse and fine fractions. The 
procedure followed was to place approximately 300 mg. of 
the sample in a glass vessel with enough acetic acid-
lithium acetate buffer solution (p.H=5) to dissolve all the 
carbonate present in the sample. The . 8 0 18 value of the 
water used to make the buffer solution was o.o permil. 
The removal of the carbonate generally took from a few 
hours to a few days, depending on its amount and its grain 
size. The clay-liquid suspension was then wet-sieved 
through a 325 mesh sieve into a Millipore filter. The 
coarse and fine-grained portions were washed thoroughly 
with distilled water ( 8 018=0) and air dried. The fine 
grained portion generally dried into a hard cake which was 
broken up in an agate mortar prior to measurement of its 
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isotopic composition. 
ii. Relatively pure clay deposits 
Samples of relatively pure clay deposits were 
ground to P 100 mesh in an agate mortar. 
iii. Shales 
Non-carbonate containing shales were ground in 
an agate mortar to pass a 200 mesh sieve. Carbonate-
containing shales were subject, after grinding, to leaching 
in an acetic-acid--lithium acetate bu.ffer solution, as 
were the ocean sediments. 
c. Special consideration~ 
It was necessary to verify that none of the 
mineral separation procedures used, especially leaching of 
the carbonate in acid solution, produced any change in the 
isotopic composition of the minerals. The data of Roy and 
Roy (90) on rates of exchange of deuteri1..U!l between water 
and clays make it seem highly unlikely that any significant 
exchange could ·occur at room temperature even over a period 
of a few years. However 9 because of the possibility that 
the acid in the water could catalyze an isotope exchange 
reaction, aliquots of three samples were treated with 
buffer solutions made with waters of differing isotopic 
compositions. (Both waters used were isotopically lighter 
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than the clay, but one was lighter and one heavier than 
the waters with which the clays may have been expected to 
be formed or exchanged.) The results are shown in Table 5. 
Kaolinite and the Green River Shale appear to be unaffected 
by the exchange, although analyses after treatment are not 
as reproducible as analyses before treatment. The mont-
morillonite seems to contain more 018 after treatment 
regardless of whether it was treated with the light or 
heavy acid solution. This probably is a result of solution 
of an isotopically light impurity. As a precautionary 
measure, however, all leaching solutions used with ocean 
sediments were made from waters for which 3018 = o. Thus, 
if any exchange did take place, it would be with water of 
the same isotopic composition as that in which the sample 
had been for thousands of years. 
4.5 Problem of the different t~nes of oxygen and hydroge~ 
12osi t.ions in sedimentary minerals. 
It was pointed out in section 4.1 that clay 
minerals may contain oxygen and hydrogen both as part of 
the alum.inosilicate lattice and as adsorbed and interlayer 
water molecules. Therefore, in order to make meaningful 
measurements of the oxygen and hydrogen isotopic compos-
itions of clay minerals it is first necessary to determine 
under what conditions the adsorbed and interlayer water 
may be removed, whether it is possible to extract all or 
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almost all of the interlayer water while removing none of 
the oxygen or hydrogen of the alu.minosilicate framework" 
and whether it is possible to extract the interlayer water 
without causing isotopic exchange with the oxygen and 
hydrogen of the aluminosilicate lattice. 
A number of tests were performed to answer 
these questions and to establish the correct analytical 
procedures for clay minerals. It may be concluded from 
these tests that over a wide range of experimental con-
ditions almost all the adsorbed and interlayer water can 
be removed from clay minerals and that the small amounts 
of interlayer water remaining have only slight effects 
on the isotopic composition of the minerals. 
A. Tests related to the extraction of hydrogen from 
clay miner al_s, 
Two series of experiments pertaining to the 
removal of interlayer water and the extraction of hydroxyl 
hydrogen from clay minerals were made using hydrogen 
extraction techniques . The first series was designed to 
determine the temperature conditions under _which interlayer 
water and hydroxyl hydrogen were evolved from clays in a 
vacuum, and to determine the sharpness of the separation 
between the evolution of interlayer water and that of 
hydroxyl hydrogen.. The second series of experiments, which 
was more closely related to routine analytical procedure , 
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was designed to measure the effect on the isotopic com-
position of hydroxyl hydrogen of outgassing clays for 
different lengths of time and at different temperatures. 
i. Experiments to determine conditions of outgassing 
of interlayer wat~ 
In this series of experiments clay minerals 
were held at a fixed temperature for an interval of 24 
hours, and the water evolved during this time was collected 
and analyzed for hydrogen isotope ratio. At the end of 
the 24 hour interval the temperature of the furnaces was 
raised and the water evolved during the next 24 hour 
period was collected and analyzed. .Aliquots of three 
samples, two montmorillonites and an illite, were analyzed 
in this way. Beginning with two 24 hour periods at room 
temperature, the temperature was raised 1n seven successive 
steps to 900°0, at which temperature all the hydrogen had 
been evolved. A second aliquot of one of the samples 
(Clay Spur, Wyoming) was heated rapidly to 130°0 when first 
placed in the line and was subsequently treated as described 
aboveo The res'ults of these experiments are shown in figure 
6 and are compared with differential thermal analyses 
(D.T.A.) of the same samples by Kerr, Kulp and Hamilton (591 
It may be seen in this figure that large amounts of water 
are evolved at room temperature~ corresponding to adsorbed 
and interlayer water, and at higher temperatures, (beginning 
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at 250° to 500°0, depending on the particular sample,) 
corresponding to the hydroxyl hydrogen. At intermediate 
temperatures a smaller amount of water is evolved, corre-
spending primarily to interlayer water which was not 
evolved at lower temperatures, and to a small extent to 
hydroxyl hydrogen liberated at lower temperatures than 
the bulk of the hydroxyl hydrogen. 
Evidence for the origin of water evolved in 
the intermediate temperature range is obtained from the 
isotopic data. In one of the samples (Otay, Calif.) a 
small amount of water was evolved during the second 24 
hour period, and that water was :markedly richer in 
deuterium than was the water evolved in the first 24 hour 
period ( 8 D = + 1.2 vs 8n = - 7. 8). This is undoubtedly 
the result of a fractionation during removal of the 
interlayer water, with preferential removal of isotopically 
lighter ~o. This same enrichment of deuterium is observed 
in the water driven off between 25° and 250°c for all 
samples which were outgassed at room temperature. It is 
not observed for the sample which was outgassed by heat i ng 
rapidly to 130°0. Therefore, the fractionation which may 
I 
I 
be observed during removal of interlayer water occurs only I 
when the water is removed slowly at low temperatures. In 
0 0 0 the temperature range 250 to 350 or 450 0 small amounts 
of water are evolved but are not deuterium rich. This 
water must then be from a different source than the inter-
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layer water reraoved at low temperatures. The raost likely 
source is the hydroxyl hydrogen and the oxygen partially 
liberated at a 101·;rer temperature than the major portion of 
the hydroxyl groups. This might occur if these groups 
were at grain edges or near crystal defects and were 
weakly bonded to the crystal lattice. The above expla-
nation has some basis because a kaolinite heated in a 
related experiment was found to give off no water at 
temperatures below 125°0, o. 151µ mol/mg between 125° and 
206°0, and 0.413 µ mol/mg between 206° and 340°0. Since 
the kaolinite contains no interlayer water and adsorbed 
water would probably be evolved at lower temperatures this 
water must have had its source in the hydroxyl groups of 
the mineral. 
There is a correlation between the sharpness of 
separation of interlayer water and hydroxyl hydrogen and 
the sharpness of the D.T.A. peaks. This may be a function 
of the grain size or of the crystallinity of the samples. 
ii. Experiments to determine effects of outgassing 
on the isotopic comQosition of the hydroxyl 
hydrogen 
The analytical procedure for clay minerals 
involves outgassing samples at low temperatures under 
vacuum and then heating to high temperatures to drive off 
the hydroxyl hydrogen. Since the conditions of outgassing 
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affect both the amount and the isotopic composition of the 
water evolved, it is necessary to examine the effects of 
temperature and length of time of outgassing on the 
measured isotopic composition of the hydrogen subsequently 
evolved at high temperatures. 
A series of tests was made in which an aliquot 
of a mineral or rock sample was outgassed in the hydrogen 
line for a known length of time at a known temperature, 
and the water evolved was collected. After outgassing , 
the sample was heated to 900°c and a second portion of 
water was given off. 
yzed isotopically. 
The two portions of water were anal-
This procedure was then repeated with 
another aliquot of the sample, outgassing at a different 
temperature and for a different length of time. These 
experiments were done on a montmorillonite (Clay Spur, 
Wyoming) and an ocean sediment (A•296•4). The isotopic 
compositions and amounts of hydrogen evolved under the 
different conditions are shown in the data of Table 6. 
As the data of this table shows, the temperature of 
outgassing has no significant effect on the isotopic 
composition of the hydrogen evolved at high temperature. 
Montmorillonite samples outgassed longer than 14 hours 
average a few tenths of a percent more negative in 8 D 
than those outgassed 4 hours or less. This difference is 
almost within experimental error. There is a scatter in 
the yield data for both the hydrogen evolved at low tem-
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TABLE 6 
Effect of outgassing temperature on the measured hydrogen isotopic 
compositions of outgassed water and hydroxyl hydrogen 
a. montmorillonite (Clay Spur, Wyoming) 
Out gas Outgas Outgas Yield Hydroxyl Yield 
Run T° C Time hrs. QD .LL mo l/mg 8n LL mol/mg 
" 
I 
130 25 2 -5. 14 2.50 - 9.16 2. 77 
116 40 ~ -5.43 ???? -10. 12 3.20 
128 91 15 -5.45 2.50 -10.20 2.02 
121 95 4 -7.04 1.98 - 9.88 · 3.30 
125 147 17 -???? 2.24 -10. 26 2.61 
122 206 4 - 6. 35 ·· 1. 97 - 8.98 3.68 
126 252 17 }z -???? 2. 37 -10.67 2.73 
127 253 15 -5. 7 3 2 .43 - 9.84 2.10 
129 303 4 -5.27 2.28 - 9.68 2.24 
117 344 2}z -5.46 ???? - 9.88 3.08 
AVERAGE -5.73 "±-0.48 AVERAGE - 9.87 ±0.36 
b. ocean sediment (A-296-4) 
Out gas Out gas Yield 
Run T° C Time hrs. mol/ma 
134 25 4 3/4 -6.69 1.26 -5.67 2.84 
137 25 16 -5.23 0.82 -5. 37 2. 77 
135 150 5 1/2 -7.90 1. 72 -5.90 1. 95 
136 265 16 
-4.92 1. 39 -6. 05 2.10 
AVERAGE -6.19~1.l AVERAGE 
-5.75 -:!:°0.23 
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perature and that evolved at high temperature, but there 
exists no correlation between yield and either 8-values or 
temperatures of outgassing. 
It may also be ascertained from the data in 
Table 6 that no significant isotopic exchange between the 
interlayer water and the hydroxyl hydrogen occurs during 
the outgassing procedure. If such an exchange were to 
occur, it would be expected to be temperature dependent 
and ·would be evident in the experimental data. 
As a result of these tests, the procedure 
adopted for hydrogen extraction throughout this work 
involved routine outgassing at temperatures between 100° 
and 250°0. In order to minimize systematic experimental 
error no effort was made to maintain constant the length of 
time or the temperature of outgassing or the amount of 
sample analyzed. 
B. Tests related to the extraction of oxygen from 
clay :r:1inerals 
The nickel vessels in which samples are reacted 
·with fluorine to liberate oxygen become lined ·with an 
extremely hygroscopic layer of fluorides. In order to 
prevent the adsorption of water by this fluoride coating 
it is necessary to dry the reaction vessels and the samples 
in a drybox containing P2o5 prior to opening the vessels 
for loading. Experimentally it is difficult to subject 
62 
samples to dehydration in a vacuum at elevated temperatures 
prior to loading them in the reaction vessels, and it is 
not possible to dehydrate them in the fluorine line in the 
reaction tubes because the fluoride coating on the tubes 
adsorbs any water given off by the minerals. It was 
therefore necessary to perform two sets of tests, one to 
determine the length of time necessary for a clay mineral 
containing interlayer water to attain a constant isotopic 
composition in the drybox and one to determine the amount 
and isotopic composition of the interlayer water remaining 
in the mineral after it reached a constant isotopic com-
position. 
i. Effect of length of time clay s remain in drybox 
on their isotopic composition 
In this series of experiments six aliquots of a 
mineral were placed in the drybox with the reaction vessels. 
Each aliquot was loaded into a reaction vessel after 
a prescribed length of time. Then, by analyzing the 
samples, the effect of the time in the drybox on the 
measured o -values could be observed. The results of these 
experiments are shown in figure 7. It may be seen from 
this figure that while the isotopically light atmospheric 
water is removed from the drybox, and quartz (P 45, R 60) 
reaches its final _isotopic composition in only three hours, 
clay minerals and fine grained sediments require a much 
longer time. The two samples of this type which were 
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studied in this way, a montn orillonite (Clay Spur, Wyoming) 
and an ocean sediment (JYN II-4), reached their final 
isotopic compositions in 20 hours or less. The longer 
time for the clays to reach their final isotopic com-
positions must represent the length of time it takes for 
the interlayer water to be removed from the minerals. The 
difference in drying time between the quartz and the 
montmorillonite cannot be due to differences in grain 
(as opposed to crystal) size, as the two samples were of 
approximately the same grain size. 
The two phillipsite samples (zeolites) show 
very different behavior than the clays. Th e difficulty 
of obtaining good measurements of the isotopic composition 
of zeolites is pointed out by the data of figure 7. It 
is not surprising that clays and zeolites behave different-
ly, as the nature of their waters of hydration is very 
different. Tiiff erential thermal analysis and thermo-
gravimetric analyses of clays (Ross and Hendricks (88)) 
indicate that these minerals dehydrate in a single step, 
in a manner similar to a mono-hydrated salte Many zeolites, 
however , appear to dehydrate in several steps similar to 
the behavior of a poly-hydrated salt . Some water is much 
more tightly bound than other water and it may take up to 
a few thousand hours for the water in the zeolites to oome 
to equilibrium with surrounding water vapor (Milligan 
and Weiser (73). When this is the case it might be ex-
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pected that the first water to leave the mineral in the 
drybox would be isotopically light. If the remaining 
water were isotopically heavier than the silicate and this 
water were finally evolved, then a curve of the type of 
sample Tet 23, figure 7 would be obtained. The curve for 
phillipsite MSN 130 is somewhat more complicated, but it, 
too, undoubtedly reflects slow loss of zeolitic water. 
ii. .Amount of interlayer water remaining in 
montmorillonite after 24 hours in the drybox 
.As was shown previously, all the interlayer 
water was not removed from clay minerals at room temper-
ature in a vacuum, and .the small amount remaining 
behind was isotopically fractionated with respect to 
hydrogen. Thus, it was important to determine the amount 
and oxygen isotopic composition of interlayer ·water which 
was not rerrioved in the drybox. In order to do this, two 
montmorillonite samples (Clay Spur, Wyoming and Otay, 
California) were placed in the drybox, and after 24 hours, 
the length of time which samples are normally left in the 
drybox prior tb loading, each montmorillonite was loaded 
into a specially constructed glass vessel. These vessels 
were sealed inside the drybox and placed on a vacuu.iu. line. 
The samples were heated to 250°c. The water evolved from 
each sample 1·ms collected and the oxygen was extracted for 
isotopic analysis. The results of these analyses are show~ 
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in Table 7. 
As may be seen from the data of Table 7 only a 
small amount of interlayer water is left in the clay after 
24 hours in the drybox. Its effect is to cause the 
3-value of the oxygen to be too low by a few tenths of . 
a permil, an error within or just slightly greater than 
normal analytical error. Because of the small magnitude 
of this correction it was not routinely applied to the 
montmorillonite data. 
It may appear inconsistent that in D/H analyses 
clays are preheated at temperatures above 125°0 to remove 
. t 1 ' h 0 l . 018;016 , t . ti t' in er ayer wa 't er w 1. e in a.e ermina ons ne 
removal of interlayer water can be done at 25°0. However, 
a larger contamination by interlayer water can be tolerated 
in the case of oxygen analyses. There is six times as 
much oxygen as hydrogen in clays containing interlayer 
water, and the effect of contamination is correspondingly 
reduced. 
In summary, it may be seen that while the 
separation between interlayer water and hydroxyl water is 
not complete with the extraction techniques used here, the 
errors caused in the isotopic analysis of alur.u.inosilicate 
oxygen and hydrogen due to incomplete removal of the 
interlayer water are small compared to the effects being 
measured. These errors are probably never more than a few 
tenths of a permil for oxygen or a few tenths of a percent 
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for hydrogen. 
TABLE 7 
Interlayer water remaining in montmorillonite 
Sample 
Clay Spur, Wyo. 
Otay, Calif. 
after 24 hours in drybox 
Remaining 
wat-er 
(_µ mol P~) mg clay 
o. 102 
o.4o4 
-6.72%0 
-0. 88%0 
Percent 
of o2 in Sample 
0.72% 
Correction 
to mineral 
8018 
( %0) 
4.6 Exehangeability of interlayer water in clay minerals 
It was pointed out in the preceding section that 
in clay minerals containing interlayer water, the greater 
portion of this water is readily removable in a drybox 
containing P2o5 at room temperature. It is also well known 
(Grim (50)) that given sufficient time clay minerals from 
which the interlayer water has been removed will become 
rehydrated under normal atmospheric conditions. It fol-
lows that the interlayer water is probably subject to 
isotopic exchange with atmospheric water vapor. If the 
exchange occurs slowly enough, the isotopic composition of 
the interlayer water might provide useful geologic infor-
mation. On the other hand, if it occurs rapidly, the 
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isotopic composition of the interlayer water would provide 
no useful information unless special precautions were 
taken in sampling and preparation to prevent its exchange. 
To determine the rate of exchange of interlayer 
water, two beakers containing a few humdred milligrams of 
montmorilloni te (Clay Spur, 'Wyoming) ·were placed in a 
closed vessel containing an atmosphere saturated with water 
vapor enriched in deuterium ( o D = +187%). One beaker 
was removed after two days and one after six days. The. 
·water evolved from each sample bet1·reen 25° and 160°0 was 
collected and isotopically analyzed. The results of the 
analyses are presented in Table 8. 
The data are sufficient to demonstrate that 
interlayer water may undergo exchange with a water vapor 
phase in a matter of days. The isotopic composition of 
the interlayer water cannot be expected to be controlled by 
any factors other than the isotopic composition of the 
water or water vapor in which the clay was last stored. 
For this reason, in routine analyses of clay minerals 
the interlayer water was discarded and only the hydrogen 
or oxygen of the aluminosilicate frameworks of the minerals 
was analyzed. 
6 
1 
2 
6 
2 
2 
TABLE 8 
Exchange of interlayer ·water in montmorilloni te 
(Clay Spur, Wyo.) 
Interlayer water Percent 
Exchange time orig. o D final o :0 exchange 
days in :0-rich 
vapor followed by 
-5.2% +108.6% 61 
hr in air 
days in D-rich 
vapor f ollo1·1ed by -5.2% -3.3% 
wk in air 
days in :0-rich 
vapor followed by 
-5.2% +13.7% 10 
hrs in air 
4.7 Reaction of different oxygen positions in the 
same mineral 
It was postulated by Taylor (99) and Taylor and 
Epstein (104) that the oxygen of the hydroxyl groups of 
micas contained considerably less 0 18 than the oxygen of 
the Si-0-Si and Al-0-Si bonds. However, no direct meas-
urement of this effect had been made. In the present study 
an attempt was made by carefully controlling reaction 
conditions to selectively remove the hydroxy,l oxygen 
of kaolinite without liberating the remaining oxygen, and 
~ 18 in this manner determine the oo value of the oxygen 
7o 
of the hydroxyl group. Kaolinite is especially well 
suited to a study of this type since only one side of the 
octahedral layer, which contains the hydroxyl groups, is 
bonded to a silicon-oxygen sheet. If the OH oxygen is 
preferentially liberated by F2 then extrapolation of the 
experimental results in the manner described below leads 
to a value which probably approximates the oxygen isotopic 
composition of the hydroxyl groups. 
Several aliquots of a kaolinite (Langley, 
s. Carolina) were reacted with fluorine at different 
temperatures. There was essentially no reaction of the 
raineral with fluorine at temperatures up to 165°0. .At 
0 
temperatures of 175 C and above the percent yield was 
alraost exactly equal to the percent of the stoichiometric-
ally required amount of fluorine ·which was used. Once 
the mineral reaches a temperature at which reaction can 
occur, if there is a sufficient amount of reagent the 
reaction will go to completion. 
18 In figure Sb the 0 0 values of the oxygen 
liberated at temperatures above 165°0 are plotted against 
the percent of· the stoichion etric amount of oxygen released 
in the reaction. If all the oxygen of the hydroxyl groups 
is liberated prior to reaction of the remaining oxygen of 
the mineral, and if there are no large isotopic frac-
tionations of the oxygen of the Si-0-Si and Al-0-Si bonds 
due to incomplete reaction then a line through the data of 
7 1 
100 0 
"'O 90 
(l) 
>= 
~ 80 0 
70 
70 80 90 100 
0/o of stoichiometric amount of fluorine 
Figure 8a~ Stoichiometric a.mount of fluori.DB used in reaction with 
kaolinite plotted against oxygen yield obtained 
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Figure 8bo Oxygen yield from incomplete reaction of kaolinite vs 
measured J o.Lc.. 'I':ne line through the data i.s extrapolated to 44 .. .576 
yield, corresponding to the total a~olLrit of hydroxyl oxygen in 
mi..rieral 
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figure Sb can be extrapolated to give the oxygen isotopic 
composition of the hydroxyl groups. A least-sQuares line 
has been fitted to the data and is extrapolated to 44.5 
percent yield, which corresponds to the yield of oxygen 
due to the hydroxyl groups. The isotopic composition of 
the oxygen of the various positions is then calculated 
to be: 
1. Entire mineral 
2. Al-0-H bonds 
3. Al-0-Si and Si-0-Si bonds 
(by calculations from 1 & 2) 
8018 
+21.0 
+ 11 • 1 
+29.0 
Thus, if the assumptions of the calculation are 
correct, there is a fractionation of approximately 18 permil 
between the isotopic composition of the oxygen in the 
Al-0-H bonds and that in the Al-0-Si and Si-0-Si bonds. 
Probably the biggest uncertainty is whether all the 
hydroxyl groups have been removed before the reaction of the 
remaining oxygen begins, and although this is likely it 
cannot be proven with the available data. The assumption 
that there is not a large isotopic fractionation between 
the liberated and the unreacted oxygen of the Al-0-Si and 
Si-0-Si bonds is justified by the fact that a straight line 
can be dra1·m through the data of figure Sb. If there were 
a large fractionation the data would be best fitted to a 
Rayleigh distillation curve. In addition, the isotopic 
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fractionation observed by Garlick and Epstein (40) for 
incomplete reaction of Quartz as a result of insufficient 
bromine pentafluoride reagent is in the opposite direction 
to that observed in this case. 
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CHA.PTEil V 
ISOTOPIC COMPOSITION OF SE:OD1E.LIJTARY MINERALS 
5.1 Introduction 
The bulk of the experimental work in this study 
consists of isotopic analyses of a large number of sawples 
of a variety of sedimentary rock types. Where feasible, 
mineral separations were performed and the separated min-
erals were analyzed. However in raany cases the fine-grained 
nature of the materials made separations impractical and 
it was necessary to perform whole rock analyses. 
Analyses of mineral separates and monomineralic 
rocks provided information about the isotopic behavior of a 
number of the common minerals in sedimentary processes. 
With this infor.Lllation the isotopic behavior of polymin-
eralic rocks may be understood. Consequently, data on pure 
and almost pure minerals will be presented first, followed 
by data on polymineralic rocks. 
5.2 Isot_o_]_ic composition of clay minerals 
A. .Analytical data and int~retation 
Oxygen and hydrogen isotopic analyses were per-
formed on a number of kaolinites, montmorillonites, and 
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glauconites from a wide variety of areas. The results of 
these analyses are presented in Table 9 and are sho1rD in 
figures 9 and 10 compared with the analyses of some igneous 
and metamorphic rocks and minerals. The measured o18/o 16 
ratios of the kaolinites and bentonites have been corrected 
for the contribution of quartz and feldspar. The mineral 
percentages used in the corrections are those of Kerr ~ .§1.. 
(60) and Kanta (63). These corrections generally were 
between 0.1 permil and 0.3 permil. As the data of figure 
18 
9 shows, the oxygen in the clay minerals is richer in 0 
than that of nearly all the igneous and metamorphic rocks 
for which data is available. In addition, the oxygen of 
the clay minerals is richer in 0 18 than that of almost all 
the igneous and metamorphic muscovites for which there are 
data. (These are the closest analogues of the clay min-
erals for which analyses are available.) While the clays 
. ' . 0 1 8 th 1 d . f' ~ as a group are ricn in , ere are no arge i ierences 
in the ranges of oxygen isotope ratios of the different 
clay minerals. Wnerever there are a large number of 
analyses for a particular type of clay mineral there is a 
fairly broad spread in the value of oxygen isotope ratios • 
.!ls subsequent treatment of the data will show, this spread 
in 8-values is due to the variety of conditions under 
which the minerals have formed and exchanged. The most 
important variables in this respect are the isotopic com-
position of the coexisting water and the temperature at the 
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TA.BIB 9 
Isotopic Composition of Clay Minerals 
Sample 8 0 18 Av Noo DD Av Noo 
per mil Dev Runs (percent) Dev Runs 
a. Kaolinite 
1ai.'1gley +2lo2 Oo3 2 -5 .. 7 0 . 2 10 
So. Carolina 
Murfreesboro +22 .. 4 Oo3 3 -5 .. 1 o.o 2 
Arkansas 
Bath +22 .. 1 0 . 1 2 -5.6 1 
So. Carolina~ 
Mesa Alta +18o7 o.6 2 -7o3 0.1 2 
N. Mexico 
Kadan +l9 .L~ 1 -7 .. 1 l 
Czech .. 
Podlesi +19.0 o .. o 2 -7 .. 2 0.1 2 
Czech .. 
Sedlec +}9 oJ 0 .. 2 3 -7.9 Oo3 3 
Czech. 
b. Halloysite 
Bed.ford, Indiana +22.0 Oo4 2 -6.o 1 
c. Dickite 
Kladno Zapotocky, +]$ .. 6 Oo6 2 
-J .. 7 1 
Czecho 
Horni Slavkov, +15 .. 3 1 
-306 1 
Czech. 
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TABLE 9 cont,. 
Sample 80 18 Av No. 3D Av No., 
per mil Dev Runs (percent) Dev Runs 
d. :Hontmorillonite 
(bentonite) 
Polkeville, Miss. +28 .,5 0.2 2 -5.4 0.2 2 
Chambers, +J9 ol o .. 4 7 -7.9 0.3 3 
Arizona 
Otay, Calif. +J9110 o.~. 4 -4.1 0.1 3 
Clay Spur, +17 .. 6 0.,2 5 -9.9 Oo4 11 
Wyo. 
Little Rock_, +26 .. o o .. o 2 -6.8 1.0 4 
Ark. 
80 Montmorillonite 
(ocean cores) 
RIS 81 +26.1 o .. o 2 -7.8 o.8 2 
EM7-RUN l +28 .. 5 1.0 -6.8 1 
f. Illite · 
Morris, Ill. +20.5 o.5 2 -5.1 0.2 2 
g. Glauconite 
(from ocean sed.llnents) 
Sta 1752 +26o3 o.5 5 -7 .. 4 0.2 4 
(Blake Plateau) 
Sta 1957 +21.8 o .. o 2 -9.0 0.1 3 
( L.I .Sound) 
80 
TABLE 9 cont. 
-
Sample 80 18 Av No. QD Av No. 
per mil Dev Runs (percent) Dev RUilS 
Sta 6941 +23 .. 8 1 -8.5 1 
(S.Monica Bay) 
h. Glauconite 
(from rocks) 
R8-!1erchant ville +20 .. 3 o.o 2 -7.8 o.5 3 
Fm 
R12-Marshalltmm +23.0 o.5 3 -8.o 0.2 3 
Fm 
R]J-Navesin.°I{ +23.0 0.1 2 -8.6 0 .. 2 3 
Fm 
R17-Hornerstown +22.5 0.3 3 -8.5 0.1 2 
Fm 
E53/3/14 Crawford Fm +J.4.6 0.3 2 -6 .. J 0.3 3 
Australia 
E53/3/l.5 Crawford Fm +13 .. 7 Oo4 3 -6.2 Oo8 4 
E53/J/16 Crawford Fm +18.5 o.5 4 -1-~ .. l Oo2 2 
E53/3/18 Crawford Fm +15.0 0 .. 2 2 -5 .. 4 1 
E53/3/19 Crawford Fm +16.4 0.1 2 -6 .. 4 1 
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time of exchange or formation. 
The hydrogen isotope data of the clay minerals 
in figure 10 show many of the features seen in the oxygen 
isotope diagram. One notable exception, however, is that 
there is no difference between the range of values for 
metamorphic muscovites and biotites and those of clay 
minerals. Furthermore, all the clay minerals are depleted 
in deuterium with respect to sea water. This includes a 
number of samples which appear to have forn: ed in isotopic 
equilibrium with sea water. Thus, while a~fay-~O is 
greater than unity at normal ocean temperatures, 
hy aclay-~O is less than unity. 
A further understanding of the clay mineral 
isotope data demands an understanding of the variables 
which can affect the isotopic compositions of clay minerals. 
Among the more important variables are: 
1. the isotopic composition of the various waters 
with which the clay mineral may have come in 
contact during and after its formation ; 
2. the temperature of the environment at any time 
during which the clay mineral was being isotopic-
ally exchanged; and 
3. the nature and rate of any isotope exchange 
process. 
The temperature sensitivity of equilibrium 
isotopic fractionation factors is very large at lovr temper-
atures. The temperature during most sed imentary processes 
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is restricted to a range of approximately o0 to 25°0. 
Temperatures on the deep sea floor are restricted to a 
very much narrower range, approximately o0 to 3°0 
(Sverdrup, Fleming and Johnson (96)). Temperatures in 
shallow marine areas are more greatly influenced by the 
climate on adjacent land areas and may have a somewhat 
greater range. Diagenetic temperatures may be considerably 
warmer. 
The isotopic composition of the waters with which 
a mineral reacts or exchanges are reflected in the isotopic 
composition of the mineral. Because clay minerals contain 
both hydrogen and oxygen their isotopic compositions are 
especially amenable to interpretation in cases where the 
isotopic composition of the water is unknown. This is a 
consequence of the interdependence of the o18/o 16 and D/H 
ratios in most waters. 
Craig (20) has shown that most meteoric waters 
other than those in evaporating basins and hot springs have 
isotopic compositions lying near a straight line described 
by the equation 
~](%) = 0 8 ~0 18 + 1 0 
0 • 0 (%") • 
The factor o.8 results primarily from the ratio 
of the values of the fractionation factors 
and ahy H20 liq-vap. 
ox 
aH.
2
0 1. 
. 1q-vap 
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Since the o18/o 16 and D/H ratios of water are 
related, and since the isotopic composition of clay min-
erals depends in part on the isotopic composition of water, 
there should also exist a relationship between the oxygen 
and hydrogen isotope compositions of clay minerals. It 
can be shown that if clay minerals undergo isotopic ex-
change with a variety of meteoric waters under conditions 
such that the fractionation factors and 
a~iay-H20 are constant (for example, equilibrium exchange 
at constant temperature), then the isotopic compositions 
of the clays will lie along a straight line of the type 
OD = .A 00 18 + B 
when on is plotted against 8018 • 
It can further be shown-i<- that 
and 
A = o.80 x 
hy 
B = 800 x a clay-~O 
ox aclay-~O 
ox 
aclay-~O 
- 699 
( 5-1) 
(5-2) 
(5-3) 
- 100 
Thus, the slope of the line is deterillined by the ratios of 
the a 1 s and its intercept is determined by the absolute 
values of the a 1 s. 
*See Appendix I for derivation. 
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As may be seen from equation 5-3, the intercept 
of the line is extremely insensitive to large variations 
of the fractionation factors, so that small errors in 
determining the intercept can result in large errors in the 
values of the a•s. For this reason it has not been 
practical to calculate fractionation factors from the 
values of the slope and the intercept of a line through 
a set of analytical clay mineral data. However, if the 
fractionation factors can be estimated by some independent 
means such as from the isotopic compositions of samples 
which have formed in a kno·ff.a environment, then a line 
corresponding to these fractionation factors can be drawn. 
The positions of points corresponding to the isotopic 
compositions of other clay minerals relative to this line 
may then be used to interpret the isotopic compositions of 
these minerals. 
If the fractionation factors are equilibrium 
ones it is possible to estimate the effect of an increase 
in temperature on the position of the line along which 
the isotopic compositions of the clays lie. Clay minerals 
concentrate 018 with respect to water, and the fractionation 
between clays and water is smaller at higher temperatures 
than at lower ones. As will be seen in the following 
sections, water concentrates deuterium with respect to 
clay minerals, and at sedimentary and diagenetic temper-
atures the fractionation between water and clay minerals 
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probably decreases with increasing temperatures. Therefore 
the line corresponding to the isotopic compositions of 
clays in equilibrium with meteoric waters will lie closer 
to the line of meteoric waters at higher temperatures than 
at lower ones. 
While the assumptions used in deriving the above 
equations will seldom be exactly met in natural processes, 
they are often fairly closely approximated. In spite of 
their limitations, these relationships provide a useful 
working model with which the oxygen and hydrogen isotope 
variations in clay minerals may be better interpreted. 
i. Kaolinite minerals 
The kaolinite group of clay minerals are chem-
ically and structurally the simplest of all the clays. The 
basic structural formula of the group is Al2 Si2 o5 (OH) 4 , 
and generally there is little substitution of other elements 
in the crystal lattice. Structurally the kaolinite min-
erals consist of a stack of layers, each layer being built 
of a sheet of aluminum, oxygen, and hydroxyl groups in 
octahedral coordination bonded to a sheet of silicon-
oxygen tetrahedra. Of the three members of the kaolinite 
group studied isotopically, two of them, kaolinite and 
dickite are almost identical, differing only by a slight 
modification of the stacking arrangement. The third member 
of the group, halloysite, differs from the other two in 
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that between each aluminosilicate layer' there is a layer of 
water molecules. 
Kaolinite may be formed during weathering 
processes or by hydrothermal alteration. Halloysite has 
been observed to form in warm springs and also at low 
temperatures. Dickite is not found as a primary mineral 
in sediments and is chiefly associated with hydrothermal 
deposits. (Deer, Howie and Zussman(25)) 
The oxygen and hydrogen isotopic compositions 
of several kaolinites, dickites, and halloysites are listed 
in Tables 9 and 10 and plotted on a graph of 8 D against 
8 0 18 in figure 11. All the kaolinite points and the 
halloysite point lie near a straight line on this plot 
while the dickite points fall well off the line. A least-
squares line through the kaolinite points has the equation 
0]) = 0.615 80 18 - 19.0 
Using equations 5-2 and 5-3, this corresponds to values of 
the fractionation factors of ahy = 0.763 and 
1caol-H2o OX 
akaol-H2o = 0.992. Acceptance of these values would 
lead to the improbable conclusion that the waters in which 
18 
all of these kaolini tes formed had 8 0 values of +19 or 
greater. However, a small shift in the slope of a line 
dra"t-m through the center of gravity of these points would 
produce a large change in the calculated values of the 
fractionation factors. This illustrates the weakness of 
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using the values of the slope and intercept of a line 
through the experimental data to determine the absolute 
values of the fractionation factors. A change in the 
intercept from -19 to -23 will cause a change of a ox H 
kaol- 20 
from 0.992 to 0.026. This corresponds to a difference 
of approximately 34 permil in the o18/o 16 ratio of a sample 
of kaolinite in equilibrium with water, and represents a 
reversal of the direction of fractionation. It is therefore 
not practical to determine fractionation factors from lines 
draw~ through the analytical data at the present time. 
However if the fractionation factors are estimated by an 
independent method a corresponding line may be drawn on a 
8 D vs 80 18 plot, and this may be used to demonstrate 
whether or not conditions approximating constant fraction-
ation factors obtained in a particular set of samples . 
An estimate of the fractionation factors of the 
kaolinite - water system has been made by using the meas-
ured isotopic compositions of some of the samples and the 
best estimates available for the isotopic compositions of 
the waters with which they formed. All of the kaolinites 
measured in this work are of residual weathering or sedi-
mentary origin. All have probably formed and been deposited 
in fresh water environments (See Appendix II for geological 
and petrographic descriptions of the samples.) All were 
collected from shallow quarries or outcrops in regions of 
temperate climate. 
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Hydrogen isotopic compositions of waters from 
streams and springs in areas near those from which some of 
the kaolinite samples were collected were measured by 
Friedman .§1 al. (38). If it is assumed that the kaolinites 
attained their present isotopic compositions in the presence 
of waters of the same isotopic compositions as measured by 
Friedman..§.! al., under temperature conditions similar to 
those which prevail today, then we are able to estimate the 
f t -C' ox hy rac ionation .1..actors akaol-H
2
0 and akaol-H20 • This 
has been done in Table 10. The weaknesses of these esti-
mates is apparent. The waters were sampled only once from 
each location, thereby ignoring any seasonal variations. 
They were sampled froill streams and springs, and the iso-
topic compositions measured are then an average of an entire 
drainage basin rather than a representative sample from 
which the clay was taken. These effects would be expected 
to be smallest for the samples from the relatively low-
lying regions of the southeastern United States, and 
greatest for the sample from the mountainous region of New 
Mexico. Finally, the isotopic compositions of the waters 
and the temperatures at the time during which exchange 
occurred may have been significantly different than they 
are now. 
Keeping the above limitations in mind, the 
calculations in Table 10 suggest values of the fractionation 
Sample 
No. 
H-1 
H-5 
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TABLE 10 
Estimate of the isotopic fractionation factor 
in the Kaolinite - water system 
Clay 
Locality CD Kaol. Water a hy Locality 0 nHz. 0 Kaol-Hz. 0 
Murfrees- -5. 1 Red R. -2.. 7a . 975 
boro, Ark. Shreveport 
La. 
Ouachita R. -3. 0 . 978 
Monroe, La. 
Bath, So. -5. 6 Ogeechee - 2.. 1 . 964 
Carolina River 
Ft. McAllister 
Georgia 
N 11-11 Langley, -5. 7 Ogeechee - 2.. 1 . 963 
So. c . River 
Ft. McAllister 
Georgia 
H-9 Mesa Alta -7. 3 Sulfur Spring -7. 6 1. 003 
N. Mex. Jemez Mtns. 
N. Mex. 
a OX Kaol 
Hz.O 
1.02.71 
l. -02.T5 
1. 02.61 
1.0252 
1. 02.98 
a. Hydrogen isotopic composition of waters from Friedman et al (38) 
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OX c hy 
factors of akaol-H20 = 1. 02o5 and a kaol-~O = O. 970. 
These are the averages of the values for the kaolinites 
from South Carolina and Arkansas. The average annual air 
temperature in both these places is close to 18°0. A 
line corresponding to these fractionation factors has 
been drawn on figure 11. 
While the kaolinite points, all of which are of 
sedimentary or weathering origin fall very close to a 
straight line, the two dickite samples lie well off the 
line. As was mentioned above, the difference between 
kaolinite and dickite is a very minor one, consisting only 
of a small difference in the way the aluminosilicate layers 
are stacked. Because of the small differences between 
these two minerals, their isotopic fractionation factors 
are probably similar or identical. If kaolinite and 
dickite behave similarly with respect to isotope frac-
tionations then factors which might cause the dickite 
points to lie as far away from the kaolinite line as they 
do are temperature variations, deviation of the isotopic 
compositions of the coexisting waters from the line 
describing the isotopic compositions of meteoric waters, 
and incomplete isotopic exchange. 
One of the dickite samples (Horni Slavkov) has 
been interpreted as being of hydrothermal origin, with a 
temperature of formation of approximately 300°0 or 350°0 
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(J. Konta (62)). The second dickite sample (Kladno) is 
from a sedimentary deposit in the same region of Czech-
oslovakia. However, based on the fact that its isotopic 
composition is almost identical with the known hydrothermal 
dickite and the fact that almost all dickites are of 
hydrothermal (or at least diagenetic) origin, it is 
probable that the Kladno dickite is also of hydrothermal 
origin. 
Although it is quite certain that the dickites 
are not in isotopic equilibrium with meteoric water at 
sedimentary temperatures, it is not as certain that their 
isotopic compositions represent isotopic equilibration 
at hydrothermal temperatures. The oxygen isotope frac-
tionation factor between dickite and water can be estimated 
semiquantitatively either by analogy with the muscovite 
data of O'Neil and Taylor (79) in figure 1 or by the 
methods used in section 5.4. In either case, the estimated 
value of OX in the temperature range 200° to a dicki te-H20 
350°0 is between 1.001 and 1. 004. The water in equilibrium 
with a dickite sample with a 8018 value of +15.5 permil 
in the temperature range 200° to 350°0 would therefore 
have a o 018 value between 11. 5 and 14. 5 permil. These 
8-values are larger than have been estimated for hydro-
thermal waters by previous workers (Clayton and Epstein (13), 
Garlick and Epstein (41), Rye (117) and larger than most 
estimates of the o18/o 16 ratios of magmatic waters (O'Neil 
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and Taylor (80)). It is possible that these dickites 
formed in the presence of unusually 018-rich hydrother&al 
waters. However, the more attractive explana.:t.i-o.n- is that 
the isotopic compositions of the dickites were established 
by either partial or complete isotopic reequilibration with 
waters of normal 8 -values at temperatures lower than 200°00 
If it is assumed that the dickite last equilibrated with 
water of isotopic composition between 0 and -7.4 (the 
calculated O 018 value for the nearby Podlesi and Kadan 
kaolinites) the temperature of last equilibration can be 
estimated to range between 4o0 o and 100°0. 
The halloysite point falls quite close to the 
kaolinite line. This mineral differs from kaolinite in 
that it contains a layer of water molecules between each 
alurn.inosilicate layer. This water was removed prior to 
analysis, however, and it is likely that the aluminosilicate 
portion of the mineral behaves isotopically very similarly 
to kaolinite. It has been suggested that this particular 
specimen was deposited from solution (Kerr , 111Iain, and 
Hamil ton ( 60 )). If so, it was probably formed from a low 
temperature solution or else underwent subsequent exchange 
1at low temperatures. 
Of all the clay mineral data, the kaolinite data 
show the most systematic behavior in terms of exchange with 
different waters under conditions of constant ox akaol-~O 
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hy 
and a kaol-H2o • The near constancy of these parameters 
is strongly suggestive that the exchange resulted in iso-
topic equilibrium. There is some deviation from the ideal 
model, however, and this may be due in part to temperature 
variations and in part to departures of the isotopic 
compositions of the waters from the straight line relation- . 
ship. ·while kaolinite forms under a wide range of climate 
conditions, pure kaolinite deposits such as the ones these 
samples were taken from tend to be formed in zones of quite 
intense weathering. This weathering is favored by a mild 
wet climate, and so the kaolinite samples measured here 
were probably formed within a fairly narrow temperature · 
range. This has simplified the interpretation of the data 
somewhat. The contrast between the kaolinite and diclci te . 
isotopic compositions indicated that isotopic exchange is 
relatively slow even on a geologic time scale, and ..... , 
the isotopic composition of clays in sedimentary environ-
ments may retain some memory of previous events. 
lie Montmorillonites 
The montmorillonite group of clay minerals is 
structurally and chemically more complex than the kaolinite 
group. The basic building block of the montmorillonite 
structure is similar to pyrophyllite in that a sheet of 
aluminum ions in octahedral coordination with o:A..7gen and 
hydroxyl groups is sandwiched between two sheets of silicon 
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atoms in tetrahedral coordination with oxygen. The ideal 
formula for this structure, Al4 (Si8 020 ) (OH) 4 is 
electrically neutral and is the formula for pyrophyllite, 
a mineral found in metamorphic rocks. Montmorillonite 
differs from pyrophyllite in that magnesium and iron may · 
substitute for aluminum in the octahedral positions and 
to a small extent aluminum may proxy for silicon in the 
tetrahedral positions. Both of these substitutions result 
in creating a net negative charge in the aluminosilicate 
framework which is neutralized by exchangeable cations 
between the aluminosilicate layers. In addition to the 
cations, the space between the layers is occupied by water 
molecules5 A typical montmorillonite formula is 
(Deer, Howie and Zussman (25). 
Montmorillonite occurs in a variety of geologic 
settings including hydrothermal alteration products, low 
grade metamorphic rocks, altered tuffs and volcanic rocks. 
In the present study, montmorillonites of sedimentary or 
low temperature origin were analyzed. .All the pure and 
almost - pure montmorillonites analyzed were formed by the 
alteration of volcanic material which was deposited under 
fresh or marine water. Nearly monomineralic montmorillonite 
rocks formed in this manner are referred to as bentonites. 
Several bentonites from the American Petroleum Institute 
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collection of clay mineral standards were analyzed as were 
two nearly pure montmorillonite samples from ocean cores 
provided by John Griffin and interpreted by him as being 
the alteration products of volcanic material on the sea 
floor (Griffin (118)). 
The hydrogen isotope compositions of the above 
montmorillonites range from approximately O = -4 to -10 
percent and the oxygen isotopic compositions range from 
about O= +17.5 to +28.5 permil. This large range of 
variation strongly suggests formation or exchange under a 
wide range of conditions of temperature, isotopic environ-
ment or both. The isotopic data have been plotted in 
figure 12 on a graph of 8 D vs 80 18• As was done in the 
case of the kaolinites, two lines have been drawn through 
the experimental data. The first of these is a least 
squares line through all but one of the data points. The 
point for the Otay, California bentonite was omitted from 
the calculation because it lay so far off the straight line 
which best fit the experimental points. In addition, 
1.0 percent was added to the hydrogen values of the two 
samples from the deep sea cores. This was done to com-
pensate for the fact that the isotopic composition of ocean 
water, when plotted on a graph of OD vs 80 18 , does not 
lie on the line of natural meteoric waters (Craig (20))e 
The least squares line has the equation 
OD= 0.33 00 18 -15o1 
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The slope of this line is very much smaller than the slope 
of the line of meteoric waters. The constants of the 
equation correspond 
a hy which mont-~O 
to values of a ox and 
mont-H2o 
are impossibly small. Therefore, the 
isotopic compositions of all the montmorillonite samples 
cannot be interpreted in terms of the simple model of 
exchange with meteoric waters under conditions of constant 
fractionation factors. 
The second line on the diagram has the equation 
8 1) = o. 73 80 18 -26 
This line was drmm using the fractionation factors 
a 0 x = 1.0273 ± 0.0012 and ahY = 0.938 mont-~O mont-R20 
! 0.007. These values were estimated by taking the average 
of the calculated fractionation factors between sea water 
and the four montmorillonites richest in 018 • All four of 
these samples were taken from marine beds or ocean cores, 
have similar isotopic compositions, and are richest in 
018 of all the montmorillonites analyzed suggesting that 
they were formed under marine conditions. The values of 
the fractionation factors estimated for these samples are 
consistent with fractionation factors estimated between 
other clay minerals and water, and are also consistent 
with the values estimated in section 5.4 on the basis of 
the types of chemical bonds in the mineral. These facts 
strongly suggest that the estimated fractionation factors 
99 
are equilibrium ones. 
The points corresponding to the three bentonite 
. 18 16 
samples with the smallest 0 /0 ratios fall well away 
from the line estimated using the isotope data for the 018 
rich samples. Possible causes of deviation of the isotopic 
compositions of the minerals from this line are deviations 
of the isotopic compositions of meteoric waters from the 
ideal straight line relationship (Clayton~ .§j..(14) non-
equilibrium formation or exchange, and variations of 
fractionation factors due to temperature variations or 
differences in the chemical compositions of the minerals. 
Chemical analyses and structural formulas of 
all the bentonites analyzed in the present study are 
reported by Kerr~ al.(57). Osthaus (81) has reported 
analyses and structural formulas of three of the samples. 
The two sets of analyses are in fairly good agreement and 
the calculated formulas are listed in Table 11. There 
appears to be no correlation between chemical composition 
and isotopic composition of the minerals, and thus there 
is no suggestion that the chemical composition is respon-
sible for the low o18/o16 and/or high D/H ratios. 
At elevated temperatures the oxygen isotope 
fractionation factors of clays are smaller than they are 
at sedimentary temperatures, and the hydrogen isotope 
fractionation factors are probably closer to unity. ThiG 
would cause the isotopic compositions of minerals exchang-
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ing with meteoric waters to lie on the low o18/o 16 , high 
D/H side of the line determined at sedimentary temperatures. 
The isotopic compositions of the three bentonites which fall 
18 16 
off the line fall on the low 0 /0 side and thus exchange 
at elevated temperatures could have determined their 
isotopic compositions. The elevated temperatures might 
have occurred during formation of the clays, possibly as 
the result of a hot volcanic ash-fall in a restricted basin 
or, more likely, during post-depositional exchange. 
In no case may the isotopic data of the o18_poor 
bentonites be explained by the mechanism of incomplete 
18 
equilibration of a clay moved from an 0 -rich environment 
to an 0 18-poor one at the same temperature. Figure 13 
shows possible trajectories of the isotopic composition of 
a clay when it is moved from a marine to a fresh-water 
environment and undergoes isotopic exchange toward a new 
equilibrium value. Hydrogen atoms or hydroxyl groups 
would be expected to exchange more readily than the re-
maining oxygen of the clay, and because of this, the 
isotopic composition of the mineral will always lie below 
hy OX 
the line on corresponding to aclay-H20 and aclay-H2o 
on a 8D vs 8018 plot as a result of incomplete exchange. 
This is not observed in the qase of any of the bentonites. 
The isotopic compositions of meteoric waters 
have a scatter of approximately one p.ercent in the D/H 
ratio on either side of the line 
i 
oD 
2 
starting value of clay~ 
\final value of c I a y 
0 oia -
(I ) H exchange much faster than 0 exchange 
(2) OH exchange as a unit much more rapid 
than aluminosilicate oxygen exchange 
(3) OH exchange as a unit slightly more rapid 
than aluminosilicate oxygen exchange 
( 4) 0 and H exchange at the so me rate 
Figure lJp Possible trajectories of tbe isotopic composit ion of a 
clay which is originally in isotopic equilibrium with sea water 
and which subsequently undergoes isotopic exchange with fresh 
water at the same temperature. 
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oD = 0.8 00 18 +1.0 
(Craig (20)). Thus, normal scatter cannot account for the 
anomalous isotopic compositions of the three 0 18 -poor 
bentonites. Clayton~ al. (14) showed that marine sed-
iments could exchange with fresh waters under some con-
ditions, causing the water to become enriched in 018 . 
This would have the effect of causing the waters to lie 
below the line of normal meteoric waters and therefore 
clays in equilibrium with these waters would lie below the 
line determined for clays. However, all the 0 18 -poor 
clay samples lie above the line. Thus, the isotopic com-
positions of these samples cannot be interpreted simply as 
the result of equilibration with water of unusual isotopic 
composition. 
The most reasonable interpretation of the 
montmorillonite data is that the four samples which are 
richest in 0 18 formed in isotopic equilibrium with sea 
water at sedimentary temperatures and did not undergo 
subsequent isotopic exchange , and that the three 0 18 -poor 
samples have undergone isotopic exchange with meteoric 
waters at temperatures greater than room temperature . At 
the same time, since there is no obvious evidence of 
metamorphism associated with these samples, the temperatures 
were not excessively high. 
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The ~ata suggest that montmorillonites are 
readily subject to isotopic exchange at elevated temper-
atures, and that during exchange they attain isotopic 
compositions in equilibrium with their environments. With 
better sampling and geological and mineralogical control 
it may be possible to work out the details of the conditions 
under which exchange occurs. Isotopic compositions of 
clay minerals may then be able to serve as sensitive indi-
cators of diagenetic conditions. 
iii. Illite 
Illite is similar to muscovite and is analogous 
to montmorillonite in that its basic structure is a sheet 
of aluminum atoms in octahedral coordination with oxygen 
atoms and hydroxyl groups and bonded on either side to 
a sheet of silicon-oxygen tetrahedra. Unlike mont-
morilloni te, however there is very little substitution 
of iron or magnesium in the octahedral layer and con-
siderably more substitution of aluminmn in the tetrahedral 
position. As a result, there is a greater net negative 
charge on the aluminosilicate framework than there is in 
the case of montmorillonite, and there are more cations, 
chiefly potassium, to balance this charge. Also, unlike 
montmorillonite there is generally no interlayer water in 
the structure. Illite may be described by the structural 
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formula K1_1 5A14 (Si7 6 5A1 o2 )(OH) 4 (Deer, Howie . - • 1-1 . 5 0 
and Zussman(25)). 
Illite is probably the most common clay mineral 
in sedimentary rocks. It may form by weathering or 
diagenetically from kaolinite and montmorillonite. It 
appears to have a wide range of stability and is stable 
in the marine environment. Hurley .§.! al. (54) determined, 
however, that illites of the ocean basins have potassium 
argon ages of 200 to 400 million years and must therefore 
be of detrital age. 
In the present study only one 1llite sample was 
analyzed. This sample, of non-marine origin, was taken 
from the underclay of a Pennsylvanian cyclothem at Morris, 
Illinois. The illi te has a 8018 value of +20. 5 permil 
and a on value of -5.1 percent. Because only one sample 
was measured, it is not possible to give a meaningful 
discussion on the range of isotopic variations of illites 
in sediments. 
The point corresponding to the isotopic com-
position of the illite deviates by about one percent from 
the line estimated for the isotopic compositions of 
kaolinites in equilibrium. with meteoric waters. It deviates 
by about three percent from the line estimated for a 
mineral with the chemical composition of illite (figure19, 
section 5.4). The illite is isotopically not unlike other 
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non-marine clays, having a 0-value similar to kaolinites. 
Its deviation from the line estimated for illite is not 
large suggesting that it could have been formed under 
equilibrium or near-equilibrium conditions, and adding to 
the general understanding of isotopic variations in clay 
minerals. 
iv. Glauconite 
Glauconite is structurally similar to illite but 
differs in having more iron and magnesium substituted for 
aluminum in the octahedral layers and less aluminum sub-
stituted for silicon in the tetrahedral layers. In many 
instances there is interlayering of some montmorillonitic-
type "expandable layers" accounting for the presence of 
some interlayer water. The chemical formula for glauconite 
+2 +2 +3 +3 is (K, Na, Oa) 1•2_1•0 (Mg ,Fe ,Al ,Fe >4•0 (si7_7_6 
Al1_0 • 4o20 )(0H) 4 • n ~O (Deer, Howie and Zussman (25)). 
Glauconite occurs in many types of sedimentary 
rocks and generally forms in a marine environment. There 
are many cases reported in the literature, however, of 
glauconite and glauconitic mica having formed under non-
marine conditions, so that, contrary to earlier belief 
(Cloud (18», its presence can not be used as an indicator 
of a marine environment. Its formation probably requires 
a fairly restricted set of physical and chemical environ-
mental conditions (Burst (8,9)). The concentration of 
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expandable layers in glauconite has been found to decrease 
with the age of the samples, and this has been interpreted 
as a diagenetic effect (Hower (53)). Glauconite is thus 
undoubtedly stable in some diagenetic environments. 
Aside from its use as an indicator of sed-
imentary environment, glauconite in sediments is of interest 
as a potassium bearing authigenic phase suitable for 
radiometric K40/Ar dating (Wasserburg et al. (110), 
Evernden ..§1 al. (36),etc). Because of this particular use, 
it is of interest to determine what information the oxygen 
and hydrogen isotopic composition of glauconite can 
contribute to the understanding of its chemistry. 
The isotopic data of the glauconite samples 
analyzed are shown in figure 14. There are two distinct 
groups of samples evident in this figure, one set richer 
in 018 and poorer in deuterium than the other. The 
0 18 -rich set of samples consists entirely of glauconites 
formed during or since the Late Cretaceous, and none have 
been s' ub j ect to deep burial (Owens, Minard and Blackmon 
18 (82) ~ Emery ( 31)). The 0 -poor set of samples are from 
a suite of Precambrian Australian rocks and are thought to 
have been buried at some time during their history to 
depths ranging from one thousand to seven thousand feet 
Plumb (84)e The Mesozoic and Cenozoic samples can then be 
considered to be more representative of glauconites forming 
or exchanging on or near the earth's surface under con-
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ditions similar to those found at the present time. 
A line corresponding to the equation 
8 ]) = • 722 8 0 1 8 -25 
has been drawn on figure 14. This line corresponds 
hy fractionation factors a = 0.9259 and 
glauc-H20 
OX a glauc-H20 = 1. 02631 which are calculated from the 
to the 
assumption that sample Sta 1752 has undergone complete 
isotopic exchange with sea water. This sample, the richest 
in 0 18 of all the glauconites measured, was dredged from 
the surface of the Blake Plateau (31° 28.7'N, 72° 290'W) 
in the Atlantic Ocean. A temperature of approximately 6°0 
prevails on the sea floor in this area (Stewart (121 )). 
The region is swept by currents from the south containing 
no meltwater, so the isotopic composition of the water is 
probably close to o.o permil. It is uncertain whether 
this glauconite is of detrital origin from the continents 
or is forming in ~ based on the available geological 
data (Trumbull (119)). 
With only one exception (R-8), data for the 
remaining Mesozoic and Cenozoic glauconites lie on or very 
close to the line drawn, in a manner compatible with the 
model of exchange with fresh waters under conditions of 
constant fractionation factors. If this model is a valid 
interpretation of the isotopic compositions of these 
minerals, and if it is also true that they have formed 
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under marine conditions, as interpreted by Owens, Minard, 
and Blackmon (82), then this is the only case where min-
erals formed in a marine environment can be demonstrated 
to have undergone isotopic exchange at sedimentary temper-
atures. 
While the above explanation of the data is 
possiblep there is another interpretation of the data. The 
isotopic compositions of the five samples which lie near 
the line are clustered together in a small region. It is 
possible that some or all of these points represent 
glauconites which were also in isotopic equilibrium with 
sea water and did not subsequently undergo isotopic 
exchange. If the sea water with which the samples equili-
brated were diluted with isotopically light fresh water 
and/or the temperatui1 e of formation were warmer than for 
the Blake Plateau sample then the measured isotopic com-
positions might lie in the region in which they do. The 
two facts which raise the suspicion that this may actually 
be the case are: 1)- the isotopic compositions of these 
samples cluster together, and it is unlikely that all of 
them would have exchanged completely with waters of sim-
ilar isotopic compositions at similar temperatures; and 
2) one of the srunples (Sta 6941) was dredged from Santa 
Monica Bay, California and has very likely formed in sea 
water and remained there since formation (Emery (31)). 
Factors which render plausible the proposed 
1 1 1 
mechanism for obtaining the observed isotopic compositions 
are that all samples were formed in areas which might be 
diluted by meltwater, and that four of them were forilled 
during the late Cretaceous at which time temperatures were 
warmer than at present. 
The isotopic composition of one Tertiary sample 
(R-8) lies well above the line drawn. The deviation of 
this sample from the line can be caused by exchange with 
fresh water under conditions of elevated temperature. 
A line of slope similar to that through the 
data of the younger sarn.ples may be drawn through the points 
representing the Precambrian samples. This line, however, 
is displaced considerably. One possible explanation for 
this displacement is that the isotopic composition of sea 
water may have changed since the time of formation of the 
samples (1390 million years ago according to potassium 
argon dating (Plumb (84)))o If the isotopic composition 
of sea water were approximately 3 percent richer in 
deuterium and 6 permil poorer in 0 18 1390 million years 
ago than at the present time then the two sets of data 
would be compatible. A change in the oxygen isotopic 
composition of sea water in this direction has been postu-
lated by Weber (112). However, there exists another 
possible cause for the displacement of the isotopic com-
positions of the Precambrian glauconites, and that is 
exchange with ground water at an elevated temperature. 
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This appears to be a likely explanation for at least part 
of the observed effect since the sandstones from which the 
samples were taken were cemented with secondary quartz and 
the rocks were therefore probably subject to invasion by 
silica bearing solutions with which isotopic exchange might 
have occurred. In addition, there is a spread of five 
permil in the oxygen isotopic compositions of the glaucon-
ites indicating that at least some of them underwent ex-
change after formation. The observed range of o18/o 16 
ratios is larger than seems reasonable to have occurred in 
marine waters in a fairly short length of time and in a 
fairly small area. The potassium - argon dates for these 
samples are the same within experimental error (Plumb (84)). 
As was the case with the kaolinites, and to some 
extent with the montmorillonites~ many of the glauconite 
samples appear to have formed or exchanged with natural 
waters under conditions of similar fractionation factors, 
and a ox • glauc-H20 Because of the internal 
ahy 
glauc-H20 
consistency of much of the glauconite isotope data, and 
the similarity of the estimated fractionation factors to 
those of other minerals, it can be argued that these frac-
tionation factors represent isotopic equilibrium frac-
tionationa It is not possible to say with certainty 
whether or not the 0 18 -rich samples of figure 14 have 
undergone isotopic exchange with fresh water at low temper-
aturesa If they have, they are the only clay minerals 
11 3 
studied which have exchanged in this manner. 
B. Summary of clay mineral findings 
The variations of the oxygen and hydrogen iso-
tope ratios in kaolinite, illite, montmorillonite, and 
glauconite are relatively large. However, the isotopic 
variations show systematic relationships which are de-
pendent on the conditions of formation and exchange of the 
clay minerals. These relationships follow the form 
Clays which have undergone complete exchange with meteoric 
ox 
waters under conditions of constant aclay-H20 and 
a~iay-H20 would be expected to lie along the curve 
representing the above equation. 
Clays which have exchanged with water at ele-
vated temperatures would lie above the line drawn for sed-
imentary temperatures. Marine clays which have subsequently 
undergone incomplete exchange with meteoric waters at sed-
imentary temperatures would be expected to lie below the 
lineo Estimated values of the fractionation factors and 
the constants A and B for kaolinite, montmorillonite and 
glauconite are given in Table 12 . 
Using the above relationships it is possible 
to interpret the isotope data of the hydrotherr:ial dickites 
and some of the bentonites and glauconites as having 
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resulted from isotopic exchange at elevated temperatures. 
However, most of the clay mineral data lie along the line 
estimated for isotopic equilibration at low temperatures. 
Most of the clays which lie above the line were 
originally formed under sedimentary conditions, and their 
isotopic compositions are indicative of the fact that post-
formational isotopic exchange may occur at elevated temper-
atures. There is also some evidence that some of the 
glauconites which originally formed under marine conditions 
may have subsequently undergone complete isotopic exchange 
with fresh water at sedimentary temperatures. There is, 
however, no case in which such post-formational exchange at 
sedimentary temperatures can be unequivocally demonstrated 
to have occurred. Also, no evidence has been found for 
incomplete isotopic exchange under sedimentary conditions 
since no points lie beneath the lines on plots of OD vs 
8o18 Q This suggests that exchange under sedimentary 
conditions may occur only slowly and with great difficulty. 
Since clay minerals appear to form in isotopic 
equilibrium with their environment and since their isotopic 
compositions respond to changes in the environment in a 
predictable manner at elevated temperatures, isotopic 
variations should prove useful for determining conditions 
of formation of clay minerals and alterations during their 
subsequent history. 
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TABLE 12 
Fractionation factors between clay minerals and water 
Mineral 
Kaolinite 
Montmorillonite 
Glauconite 
ox 
a clay-~O 
1 • 0265 
1 • 0273 
::t0.0012 
1 • 0263 
hy 
a clay-~O 
0.970 
0.938 
:!;0.007 
0.926 
A B 
0.76 -22 
0.73 -26 
0.72 -25 
5.3 Isotopic composition of non-clay minerals in sediments 
In addition to clay minerals, other minerals of 
sedimentary origin including phillipsite, potassium 
feldspar, quartz, hydrous silica and oxide minerals were 
analyzed to further understand the contribution isotope 
data may make to the interpretation of sedimentary processes • 
.A,. Phillipsi te 
Phillipsite is a zeolite mineral which occurs 
on the ocean floor as an alteration product of volcanic 
materials by sea water (Bramlette (7)). It is the only 
zeolite which occurs in high concentration on the sea floor, 
and is one of the rare documented cases of an authigenic 
framework silicate forming on the sea bottom. As such, 
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phillipsite samples taken from the ocean floor are 
authigenic silicates which have been formed under known 
isotopic and temperature conditions. They are the closest 
analogues to feldspars which are commonly formed authigenic-
ally at low temperatures under known conditions% 
There is considerable variation in reported 
chemical analyses of phillipsite which can result from iso-
morphous substitution. Deer, Howie, and Zussman (24) list 
the ideal chemical composition of phillipsite as 
(tea, Na, K) 3A13si5o 16 ·6~0 • This corresponds to an 
aluminum:silicon ratio intermediate between that of alkali 
and alkaline earth feldspars. 
Three phillipsites from ocean core samples were 
analyzed for oxygen isotope ratios. The results are listed 
in Table 13. The oxygen of all three samples is extremely 
rich in 018 , and has an isotopic composition similar to 
that of dehydrated diatomite (Degens and Epstein (27)). 
The oxygen isotope fractionation factor between phillipsite 
and sea water is approximately 1.034, and is thus greater 
than any of the estimated clay - water fractionation 
factors. This is consistent with the observation that at 
higher temperatures framework silicates concentrate 018 
with respect to sheet silicates (Taylor and Epstein (104)). 
For these reasons it is reasonable to assume that the 
''" A thorough search of the literature has yielded only 
one claim of a feldspar forilling authigenically on the sea 
floor (Mellis(71) and this is not considered well docu.'TI.ented. 
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analyzed phillipsites were formed in isotopic equilibrium 
with sea water. As was observed with the clay minerals, 
there is no evidence of any memory of the isotopic com-
position of the parent basaltic material from which the 
phillipsites were formed. 
TABLE 13 
Isotopic composition of phillipsite from ocean cores 
8018 Av. No. 
Sample Latitude Longitude permil dev. runs 
MSN 130 10°34•s 151°05•w +33.6 .7 3 
RIS 79 14°03'S 131o44'W +34.1 1. 1 4 
Tet 23 15°11 IN 162°25 1W +33.6 .4 2 
B. Feldspar 
The existence of authigenic feldspars of sed-
imentary or diagenetic origin has long been recognized, 
but the chemical and temperature conditions under which 
they form are not known. Stable isotope measurements can 
throw some light on this problem. The oxygen isotopic 
composition of one authigenic feldspar was measured. This 
sample was a secondary overgrowth of potassium feldspar on 
a detri tal feldspar core, from the (Cambrian) .Franconia 
Formation in Wisconsin. The isotopic corn.positions of 
rimmed grains and detrital cores were measured and the 
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isotopic composition of the rim was then calculated using 
the core to rim ratio of 50:50 (±10) measured by Tatsumoto 
and Patterson (98) for this sample. The results are shown 
in Table 14. The uncertainty in the 8-value of the second-
ary rim results not from the isotopic measurements but from 
uncertainty in the core to rim ratio. 
There is a striking difference of about 10 permil 
between the isotopic composition of the core and that of 
the rim. The typical igneous value for the isotopic com-
position of the core indicates that it did not exchange 
during the formation of the authigenic feldspar. A maximum 
temperature of formation of the rim may be estimated from 
its oxygen isotopic composition. The water present at the 
time of formation was undoubtedly meteoric in origin. The 
80 18-value of this water was probably less than zero, or 
at most a few permil greater than zero. If we suppose that 
the o18/o 16 ratio of the water in which the feldspar pre-
cipitated was as high as +3 permil, then the temperature 
at which the feldspar formed can be calculated to be 110°c 
if we use the fractionation factor estimated from the types 
of oxygen bonds present in the mineral (figure 17, section 
5. 4). A 80 18-value for the water smaller than +3 permil 
will give a temperature lower than 110°0. Since there is 
little likelihood of having the o18/o 16 ratio of the water 
0 greater than +3 permil, the 110 C temperature of formation 
is probably an upper limit, and implies a 101·r temperature 
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of formation for the secondary feldspar. 
The marked difference between the o18/o 16 ratios 
characteristic of igneous and metamorphic feldspars and the 
o18/o 16 ratios of secondary or authigenic feldspars, as 
well as the high degree of temperature sensitivity of the 
feldspar - water fractionation factors, suggests that iso-
topic measurements of this type should be useful for 
evaluating the conditions of formation of authigenic feld-
spars. In addition, o18/o 16 measurements can aid mineral-
ogical interpretation of sedimentary phase assemblages by 
indicating whether fine-grained feldspars and other minerals 
are of sedimentary or high temperature origin. 
TABLE 14 
Isotopic composition of detrital core and 
authigenic rim of Franconia Fm. feldspar 
Sample 
Core plus rim 
Core only 
Rim only 
(by calc.) 
8 018 
permil 
+13.7 
+ 8.5 
+18.8 
+2.7 
-1. 6 
Av. dev. No. runs 
o.4 3 
0. 1 3 
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c. Silica minerals 
Quartz and cryptocrystalline silica are the most 
abundant non-clay minerals in sedimentary rocks. While 
quartz in sediments is primarily of detrital origin, 
secondary or authigenic quartz is commonly observed. Chert, 
or cryptocrystalline quartz, is also a common sedimentary 
rock. It has been known for some time that chert and 
secondary quartz are richer in 0 18 than igneous quartz. 
Silverman (93) observed a semiquantitative correlation 
between the amount of secondary overgrowth and the isotopic 
composition of three quartz sandstones. Degens and Epstein 
(27) measured the isotopic compositions of a number of 
cherts in marine limestones and found that those richest 
in 0 18 had 0-values between + 33 and + 34 permil, similar 
to the isotopic compositions they measured in two de-
hydrated marine diatomites (+32 and +33.5 permil). This 
strongly suggests that the quartz - water fractionation 
factor at sedimentary temperatures is between 1.033 and 
1.034. This value is three to nine permil lower than 
the extrapolated value of the high temperature experimental 
data of Clayton~.§].. (16) for the quartz - water system. 
In the present study a number of quartz samples from 
various sedimentary deposits were analyzed in order to 
see whether oxygen isotopic analyses are a useful tool for 
determining provenance of detrital quartz and the conditions 
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of formation of secondary or authigenic quartz. The anal-
ytical data are shown in figure 15. 
i. Oxygen isotope ratios of sand sized quartz 
All sand-sized quartz samples measured, including 
those from ancient sandstones and modern beach deposits 
are slightly richer in 0 18 than that of any quartz in the 
igneous (non-pegmatitic) rocks analyzed by Taylor and 
Epstein (103). Two possibilities for this enrichment are 
isotopic exchange of quartz with water under sedimentary 
18 
conditions, and a mixing of 0 -rich metamorphic quartz 
with igneous quartz during sedimentation. 
If isotopic exchange of sand-sized quartz under 
sedimentary conditions were significant, a much broader 
spread in the range of 8-values of quartz from sandstones 
and beach sands would be expected. This is expecially true 
for the almost pure, well-rounded quartz beach sands of 
the southeastern United States which have undoubtedly been 
through a number of sedimentary cycles. Furthermore, if 
isotopic exchange were to occur in sand-sized quartz, it 
would be expected to occur from the outside and proceed 
inward, so that the outside of the grains would be expected 
to be richer in 018 than the cores. In the course of 
mineral separation, some of the samples were subject to 
etching in concentrated hydrofluoric acid for about 10 
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minutes, removing the outer layer of quartz. It may be 
seen from the data of Table 15 that there is no large 
difference in the averages of the isotopic compositions 
of the etched and the non-etched samples. While there is 
not a statistically large number of samples, the data 
suggest that the quartz of the beach sands is isotopically 
homogeneous. 
The samples may be mixtures of 018 -poor igneous 
quartz with metamorphic quartz richer in 018 • Each sample 
may represent the integrated isotopic composition of quartz 
derived over a broad area. The beach sand quartz richest 
in 018 is from Bath, Maine, an area composed primarily 
of metamorphic rocks. 18 The samples lowest in 0 are from 
La Push, Washington and Huntington Beach, California, areas 
for which the source rocks are primarily igneous, (although 
it is recognized that one or more cycles of sedimentation 
may have preceded deposition on the beach). 
The data on sand-sized quartz suggest that the 
isotopic composition of quartz may be used as an indicator 
of provenance . The range of variation is small, but 
measurements may be made with great precision and should 
be useful for distinguishing between detrital deposits of 
metamorphic origin from those of igneous origin. 
In computations where it is necessary to assume 
an isotopic composition of detrital quartz in sediments, the 
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best value to use is generally +11.0 or +11.5 permil 
rather than +10 permil, the average for igneous quartz. 
ii. Isotopic composition of quartz replacements of 
carbonate fossils 
Carbonate fossils in limestones are often 
replaced by silica, but the mechanisms of replacement are 
not known. The isotopic compositions of the silica should 
be expected to reflect its conditions of formation. A 
suite of silicified brachiopods from a Devonian marine 
limestone of the Roberts Mountain area, Nevada , furnished 
by A. J. Boucot, was analyzed, and the results are shown 
in figure 15. All of the samples were fairly fine-grained 
crystalline quartz. Although the fossils were collected 
from a fairly small area and within a stratigraphic range of 
only about 1400 feet (J. Johnson (120)) there was a wide 
range in the values of the measured isotopic compositions 
(+19.1 to +27.1 permil). The data imply that these quartz 
samples formed at relatively low temperatures (probably not 
above 100°0). The large range in 8-values suggests that 
the processes involved in the replacement of the fossils 
by quartz were probably complicated. For example the 
variability of the 8-values could have been caused by the 
dehydration of amorphous silica deposited under marine 
conditions subsequent to the removal of the beds from the 
marine environment. The isotopic data would also be com- . 
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patible with the silicification of the fossils in the 
presence of fresh water after lithification and uplift. 
TABLE 15 
Isotopic compositions of detrital quartz 
Etched in HF 
Sample 8O 18 
Beach sands 
Huntington Beach, 10.6 
Calif. 
Ba th , Me. 1 2 • 7 
La Push, Wash. 10.9 
Not etched in HF 
S 1 ~ 018 amp e o 
Beach sands 
Fernaniia, Fla. 11. 0 
Bay St. 11.4 
Louis, Miss. 
S. Island, So. 11. 3 
Carolina 
Ocean View, Va. 12.1 
Sandstones 
St. Peter 
Franconia Fm. 
10.95 
10.9 
Average 11. 4 A.verage 11. 3 
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iii. Isotopic composition of organic siliceous 
debris in an ocean core 
The carbonate-free, larger than 44/L fraction 
of an ocean core taken at 39°56 1 N, 165°32 1 E was composed 
almost . entirely of the siliceous debris of organisms, 
primarily diatoms. The 8-value of the oxygen of this 
silica was +26.6 permil. This is a considerably lower 
value than that of dehydrated diatomite or chert thought 
to be in equilibrium with sea water, and the difference 
is probably the result of the inclusion of a large amount 
of water in the opaline sil~ca~ This result indicates that 
considerable caution must be exercised regarding the 
interpretation of the isotope data of hydrated silica 
until we have a better understanding of the nature of 
water associated with these minerals. 
D. Oxide minerals 
Oxides of iron are present in small amounts in 
a great many types of sedimentary rocks. However, very 
little is known about their isotopic behavior. O'Neil and 
8 18 Clayton (77) measured a 0 value of +5.6 permil in a 
magnetite (possibly maghemite) chiton tooth which grew in 
a marine environment at a temperature of 9°0. The 80 18-
value for this oxide is very much lower than the values of 
silicate minerals which formed at low temperatures. 
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In our effort to determine and interpret the 
isotopic composition of ocean sediments it was important 
to have a rough idea of the isotopic composition of the 
oxides of iron and manganese. Therefore a manganese 
nodule from the Blake Plateau in the Atlantic Ocean was 
analyzed for oxygen and hydrogen isotope ratios. The 
results are shown in Table 16. The oxygen isotope ratio, 
while greater than that of the magnetite tooth is still 
considerably smaller than that of silicates which have 
formed in sea water. It is recognized that the isotopic 
values obtained for the manganese nodule are sµbject to 
question because of the complex nature of this sample. 
Manganese nodules are mixtures of oxides and oxide-
hydroxides of iron and manganese, and also contain mol-
ecular water. Unlike the case of clay minerals, the 
conditions necessary for the removal of the molecular 
water are not known. If some of this water were not 
removed, it would have a greater effect on the hydrogen 
results t·han on the oxygen results. 
TABLE 16 
Isotopic composition of Blake Plateau manganese nodule 
018 
D 
8-value 
+15. 0%0 
- 7.7% 
No. Runs 
2 
3 
Av. Dev. 
o.s 
0.3 
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Whole rock isotopic analyses of sediments illay 
be affected by the presence of oxides because these 
minerals have low o18/o 16 ratios. It is therefore important 
to check for these minerals in samples in which their 
presence is suspected. 
5.4 The estimation of isotopic fractionations between 
minerals and water from crystal chemical considerations 
AQ Oxygen isotope fractionations 
Taylor and Epstein ( 104) showed that o -values 
could be assigned to the various types of bonds associated 
with oxygen in igneous minerals, and that the oxygen iso-
topic compositions of the minerals could be approximated 
from a knowledge of the types of oxygen bonding they con-
tained~ Garlick (39) showed that this approach is approxi-
mately correct for a large number of minerals which have 
equilibrated over a range of igneous and metamorphic 
temperaturese 
In the present study a series of calculations 
were made to determine if the relationships between bond 
types and fractionation factors could be extended to lower 
temperatures. Fractionation factors between various oxygen 
bond types and water were estimated in the temperature 
range o0 to 8oo0 c. These estimated fractionation factors 
are shown plotted as a function of temperature in figure 16. 
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Figure 16. Estimated oxygen isotope fractionation factors 
between oxygen bond types and water, plotted as a 
function of temperature. Dashed lines indicate greater 
uncertainty than solid lines. 
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At sedimentary temperatures the estimations were based 
primarily on the mineral - water fractionation factors 
which were evaluated from the isotopic compositions of the 
natural samples discussed in the previous sections, but in 
some cases by extrapolation of fractionation factors between 
oxygen bonds and water at high temperatures. The high 
temperature values were obtained from the experimentally 
determined mineral - water fractionations of quartz (Clayton, 
O'Neil and Mayeda (16)), feldspars (0 1}ieil and Taylor (80)), 
muscovite (O'Neil and Taylor (79)), and magneiite (O'Neil 
and Clayton (77)), and from some of the relationships 
between bond types determined by Taylor and Epstein (104) 
and Garlick (39)~ 
The basic assumption in the estimation of frac-
tionation fac.tors between oxygen bonds and water in this 
manner is that the fractionation for each bond is essen-
tially independent of the presence of all other bonds in the 
mineral. For example, quartz is composed entirely of 
Si-0-Si bonds and olivine is composed entirely of Si-0-M 
bonds. Therefore the fractionation factor for a mineral 
with 50 percent of each type of bonding would have a frac-
tionation factor with respect to water half way between 
the quartz - water and olivine - water fractionations. 
The details of the calculations for each oxygen 
bond type are described belowo The percentages of the 
various bond types in a number of minerals are listed in 
1 31 
Table 17. 
a. Si-0-Si - water: This is identical to the 
quartz-water fraction. The experimental data were used at 
high temperatures, and the low temperature value used 
0 
was 1.0335 at 7 C, corresponding to the isotopic com-
positions of the dehydrated marine diatomites analyzed by 
Degens and Epstein (27). 
b. Al-0-Si - water: At high temperatures the 
alkali feldspar (50% Al-0-Si and 50% Si-0-Si) and alkaline 
earth feldspar (25% Si-0-Si, 50% Al-0-Si, 25% Al-0-Al) 
experimental data were used. The assumption was made that 
the Si-0-Si - Al-0-Al fractionation was twice the Si-0-Si -
Si-0-Al fractionation. A line was determined for each of 
the two feldspars, and the average of these two was plotted 
as the Al-0-Si - water fractionation. At low temperatures 
the Al-0-Si - water fractionation was calculated by using 
the Si-0-Si - water fractionation and a value of 1.032 for 
the anhydrous phillipsite (Na3A13s15o16 ) - water fraction-
ation factor at 4°c. 
c. Al-0-Al - water: At all temperatures the 
Al-0-Al - Si-0-Si fraction was taken to be twice the 
Si-0-Si - Al-0-Si fractionation. This relationship was 
previously determined by Taylor and Epstein (104) and 
Garlick (39) at igneous and metamorphic temperatures. 
d. Al-OH - water: At high temperatures the 
values for Si-0-Si, Al-0-Si and Al-0-Al were used with the 
132 
TABLE 17 
Percent of various oxygen bond t ypes in minerals 
Si-0-Si Al-0-Si Al-0-Al Al-0-H Mg-0-S : Mg-0-Al I Mg-OH 
Quartz 100 
Alkali 
feldspar 50 50 
A!1orthite 25 50 25 
Kaolinite 33.33 22.22 44.44 
Muscovite 25 50 8.333 16.67 
Biotite 25 25 25 8.333 16.67 
Montmorillo 
nite 50 27.5 13. 7 5.8 3.0 
Glaueonite 37 .4 34.4 3.2 12.5 7.3 1.0 4.2 
Chlorite 16.67 16.67 11.11 16.67 5.55 33.33 
Illite 37. 5 41.6 4.2 16.7 
Vermiculite 22.9 27.9 4.9 2.8 19.4 8.3 13.9 
Phillipsite 35.7 53.5 10.7 
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experimental muscovite - water data. The line determined 
for the Al-OH - water fractionation could be extrapolated 
0 linearly to the value of 1.0165 at 17 C estimated from the 
incomplete fluorination of the Langley, s. Carolina 
~aolini te .. {_section 4. 7). 
* e. M-0-M - water: The magnetite - water frac-
tionation of O'Neil and Clayton (77) was used as the M-0-M -
water fractionation. 
f. Si-0-M - water: At temperatures greater 
than 100°c the Al-0-Al - water and Si-0-M - water fraction-
ations were assumed to coincide. At temperatures below 
0 100 C the Si-0-M - water fractionation was assumed to be 
intermediate between the Si-0-Si and M-0-M fractionations. 
g. Al-0-M - water: This was estimated only at 
low temperatures. The Al-0-M - water fractionation was 
assumed to be intermediate in value between the Al-0-Al -
water and M-0-M - water frRctionations. 
h. Mg-OH - water: The biotite - water frac-
tionation was estimated at high temperatures from the iso-
topic compositions of the minerals of quartz - biotite -
muscovite assemblages. The Mg-OH - water fractionation 
was estimated from the biotite - water fractionation and 
the fractionations between water and the bonds listed above. 
The Mg-OH - water fractionation was linearly extrapolated to 
irM refers to iron, magnesium or other divalent or 
trivalent atoms. 
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low temperatures. 
In the high temperature regions where mineral -
water fractionations and mineral - mineral fractionations 
are small, good agreement (±0.5 permil) exists between 
values of mineral - water fractionations calculated from 
the bond - water fractionations and the experimental 
values. At lower temperatures where fractionations are 
considerably larger, agreement between calculated values 
of the mineral - water fractionations and values estimated 
from the isotopic compositions of natural samples is within 
3 permil for the three minerals (montmorillonite, glauconite, 
and kaolinite) which were not used in determining the bond -
water fractionations as seen in Table 18. 
TABLE 18 
Mineral - water fractionation factors estimated from 
the oxygen bonds in minerals compared with fraction-
ation factors estimated from the isotopic data on 
natural samples 
( a -1)1000 ( a -1) 1 ooo 
estimated estimated 
Temp . from bond from 
Mineral oc fraction- natural 
ation samples 
Kaolinite 17° 23.9 2.6_._5 
Montmorillonite 40 29. 9· 27.3 ±1.2 
Glauconite 50 28.5 26.3 
Chlorite 40 22.2 
Illite 40 29.9 . 
Vermiculite 40 2:2 . 6 
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Considering the assumptions necessary for est-
imating the oxygen isotope fractionation factors from the 
curves of figure 16, the agreement between the values est-
imated in this manner and those independently evaluated 
from the isotopic data of natural samples is gratifying. 
The discrepancies between the two sets of data are probably 
due to a breakdown of the basic assumption of the calcu-
lation, i.e. that the fractionation factors of the minerals 
are linear combinations of the fractionation factors of the 
bonds. The success of the calculations in the cases in 
which they could be compared with estimates obtained by 
independent means indicates that the method is a useful 
one for obtaining semi-quantitative estimates of isotopic 
fractiona tions. 
As examples of the relationship between temper-
and fractionation factors at low temperatures, kaolinite -
water and montmorillonite - water and alkali feldspar -
water oxygen isotopic fractionations have been estimated 
over the temperature range o0 to 150°0, and are shown in 
figure 17. The values were based on the fractionations 
between the various bond-types and water over this temper-
ature range. 
B. Hydrogen isotope fractionations 
The data of Taylor and Epstein (101) show that 
igneous biotites have lower D/H ratios than igneous 
muscovites, implying that Al-OH bonds are enriched deuterium 
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Figure 17. Estimated mineral-water fractionation factors for aJJ(ali 
feldspar, montmorillonite, and kaolinite as a function of temperature 
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relative to Mg-OH bonds at igneous temperatures. '.!:'his is 
in accord with the results found for sedimentary minerals. 
Figure 18 is a graph of crhy against mole percent 
clay-H20 
hydrogen in Al-OH bonds for kaolinite, montmorillonite and 
glauconite. The chemical compositions of the minerals 
are average values taken from Deer, Howie and Zussman (25). 
The three points lie very close to a straight line which 
if extrapolated to 100 percent Mg-OH gives a fractionation 
factor of 0.79. This corresponds to a fractionation of 
approximately 18 percent between Al-OH bonds and Mg-OH bonds. 
The straight line draw~ in figure 18 is based on the as-
sumption that the mineral - water hydrogen isotope frac-
tionations may be obtained from a linear combination of 
the Mg-OH water and Al-OH water fractionations. 
Using the results of this section it is possible 
to estimate values of aoxl H~O and Qhy for illite 
c ay-.c. clay-~O 
and chlorite under sedimentary conditions. It is then 
:possible to plot lines on a graph of 8D vs 8 0 18 for the 
isotopic compositions of these minerals in equilibrium with 
natural waters . The fractionation factors for these 
minerals and the constants of the lines on a OD vs 80 18 
plot are listed in Table 19. 
The lines calculated for chlorite and illite on 
the basis of chemical bonds and those calculated for kaolin-
ite and montmorillonite on the basis of the isotopic com-
position of naturally occurring specimens are shown in 
0 
"' I 
I 
>. 
>~ 
.&::. 0 
tj 
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Figure 18. Hydrogen isotope mineral-water fractionation factors for 
kaolinite, montmorillonite, and glauconite at sedL~entary tempera-
tures as estimated from the isotopic compositions of natural samples 
plotted against the percentage of hydroxyl hydrogen which is in 
Al-OH bonds . 
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figure 19. 
TABLE 19 
Isotopic fractionation factors of chlorite and illite 
calculated on the basis of their chemical bonds 
Mineral 
Chlorite 
Illite 
ox 
a clay-~O 
1. 022 
1. 029 
o.85 
0.97 
A 
o.67 
0.75 
B 
-24 
-24 
The direction of the effect of temperature on 
hy a l H-O may be estimated by combining the low temper-
c ay--c. 
ature data of this study with preliminary results on the 
serpentine - water system by Epstein and O'Neil (122) and 
the results of Taylor and Epstein (101) on igneous and 
metamorphic rocks. Epstein and O'Neil have determined 
that between 200° and 4oo0 o water concentrates deuterium 
with respect to serpentine by approximately two percent. 
Since the hydrogen of serpentine is bonded entirely in 
Mg-OH bonds this represents a decrease in the absolute 
value of the Mg-OH - water fractionation (or an increase 
hy in the value of a~·ig-OH -~O relative to its value at 
sedimentary temperature~. Muscovite is consistently richer 
in deuterium than biotite. A similar effect must occur 
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hy 
to aAl-OH -H 0' and the value of this fractionation 
2 
factor also becomes greater at elevated temperatures than 
at low temperatures. 
The ability to estimate isotopic fractionation 
factors of minerals for which there are no experimentally 
determined values of the a's can be valuable in interpret-
ing isotopic measurements in natural samples. In the 
present study it has been possible to predict mineral -
water oxygen isotope fractionations which are within 
three permil of values estimated from the isotopic data 
of the clay minerals. The effect of temperature on the 
a•s can probably be predicted with more accuracy than 
the absolute values of the oxygen isotope fractionation 
factors. Hydrogen isotope fractionation factors between 
clay minerals and water are related to the amounts of 
magnesium and aluminum in the octahedral layers of the 
clays. It is hoped that the partial success obtained 
with calculations of this type will lead to further testing 
and refinement by laboratory experiments and isotopic 
analyses of natural samples. 
CHAPTER VI 
ISOTOPIC COMPOSITION OF 
SEDIMENTARY ROCKS AND UNCONSOLIDATED SEDIMENTS 
6.1 Isotopic composition of ocean sediments 
A. Introduction 
Ocean sediments are of geologic interest both as 
the largest body of presently forming sediments and also 
as materials which are similar to shales in many ways. 
They are complex mixtures of detrital and authigenic 
minerals, the origins of many of which are only poorly 
understood. In spite of a great deal of study by a large 
number of scientists, many fundamental problems pertaining 
to the origins of a number of the minerals in the sed-
iments and the nature of sea water-mineral interactions 
have not yet been solved. Oxygen and hydrogen isotope 
studies of sediments can provide useful information with 
regard to some of these problems, especially in the light 
of the data already presented on the isotopic variations 
of clay minerals, quartz, and other authigenic silicate 
minerals. 
Isotopic analyses were performed on a number 
of ocean cores from the North and South Atlantic Oceans, 
North and South Pacific Oceans and the Indian Ocean. These 
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were provided by the Woods Hole Oceanographic Institution, 
the Scripps Institute of Oceanography and the Lamont 
Geological Observatory. :Emission spectrographic analyses 
for major elements were performed for many of the samples. 
In addition, a number of the cores were analyzed for clay 
mineral content (and in some cases quartz content) by 
Goldberg and Griffin (45),(47). The results of the isotopic 
analyses of the ocean sediments are presented in Table 20 
and shown in figure 20. For purposes of comparison, the 
range of oxygen isotopic compositions of shales is included 
in figure 20 .. 
B. Geographic distribution of 0-values 
The geographic distributions of the isotopic 
compositions of the ocean sediments are shown on the map 
in figure 21. Iso-isotopic contours are difficult to 
draw due to lack of sufficient data. Ho1·rnver a few 
generalizations may be draw~ from these maps. In the 
Atlantic Ocean, samples near the equator, and especially 
those near the mouth of the Amazon River are richer in 0 18 
than those further to the south. There is no obvious 
pattern of distribution of D/H ratios in the Atlantic. 
The sediments from the North Pacific tend to contain less 
0 18 and deuterium than those from the South Pacific and the 
Atlantic. This isotopic distribution is related to the 
source of the clays and will be more fully discussed in 
a Shales 
Ocean sediments 
North Pacific 
South Pacific 
10 
I 
12 
I 
South Atlantic 
Indian 
Ocean sediments 
North Pacific 
South Pacific 
North Atlantic 
South Atlantic 
Indian 
-10 -9 
I I 
1 . . II 
14 
I 
-8 
I 
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8018 
16 
I 
18 
I 
20 22 24 26 
I I I I 
I I I I 
oD 
-7 
I 
I I I 
II I II 
-6 -5 -4 -3 
I I I I 
l--1 
I I II 
II I 
-2 
I 
o. Silverman, 1951, Taylor and Epstein, 1962 
Figure 20. Jo18 andfD values measured is some ocean core samples 
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TABLE 20 
Isotopic Composition of Ocean Sediments 
Sample Depth No. Av 
OD% 
No. Av 
in core Lat. Long. 00 18% Runs Dev Runs Dev. 
JYN II 4 10-15cm 33°04'N 174°15rw +17.0 6 0.2 -7.9 3 o.5 
JYN II 4 160-165 33°04 1N 174°15 1W -807 2 0.1 
JYN II 11 29-34 39°56 1N l65°32 1E +17o5 4 0.2 -9.3 2 0.3 
JYN II 20 31-36 37°04'N l48011JE +16.l 2 o.5 -8.8 2 OoO 
JYN IV 11 33-39 27°42 1N 175°lO'E +15o7 3 0.1 -7.3 3 0.2 
ISDA 159 98-103 33°45'S 15°00'E +17.0 5 0.2 -1.3 4 o.5 
ISDA 163 90-95 31°22 1s 1°58 'E +18.2 6 0.2 -6.5 1 
ISDA 183 10-17 l9°44 1s 12°55rw +18.3 2 o.4 -4.l 
ISDA 212 24-30 6°47 1N 19°18 1w +19.7 4 0.2 -5.7 2 0.3 
I.SDA 217 79-85 3°56•N J4°04rw +19.9 3 0.1 -6.3 ' 3 Oo3 
ISDA 223 100-108 11°341N 44°48•w +19.2 2 o.4 -5.8 3 0.3 
MSN 121 90-95 29°35•s 158°58 rw +17.3 2 0.1 -6.8 2 0.2 
RIS 42 125-130 13°11 18 84°24rw -7.3 2 0.2 
RIS 56 29-30 l3°02 1s 104°411w +21.2 2 0.4 -7.6 2 0.2 
RIS 69 170-176 14°4J.'S 113°29 'W +J.6.4 2 o.o 
RIS 80 32-42 14°02•s 134°55 'W +25.9 2 o.4 
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TABLE 20, cont. 
--Sample Depth No. Av No. Av-
in core Lat. Long. 00 18% Runs Dev on% Runs Dev 
b 
Vl6-75 0-10 22°13 1s 58°23'4 +ll.5 2 0.3 -5.5 2 0.2 
V16-75 50-60 22°13 13 58°23 14 -5.? 2 o.o 
Vl6-75 200-205 22°13 13 58°23'4 -6.o 3 0.2 
Vlf>-75 700-705 22°13 13 58°23'4 +14.1 1 -6.o 2 Ool 
Vlf>-75 lll9-ll24 22°13 •s 58°23 14 -5.8 2 Oo4 
c 
A.296.4 3 J. • 2 in. 39°32 1N 65°49.6 'W -5.7 3 Oo2 
CH.36.1 9 in. 21°08 1N 65°02.5 1W -6.3 4 o.5 
CH.43.4 4 :Ln. 00"55'N 51°38 'E -6.9 2 0.1 
CHo43.6 6 :Ln. 01°38 1s 53°20 1E -7.7 1 
CH.43.18 5 :Ln. 07°17 1s 60°J2 1E -6.9 2 o.B 
CH.43.22 5 :Ln. 01°02 1s 61°12 1E -6.5 1 
a. core sample numbers of the Scripps Institute of Oceanography 
b. core sample numbers of the Lamont Geological Observatory 
c. core sample numbers of the Woods Hole Oceanographic Institute 
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the following sections. 
C. Chemical and mineralogical analyses of the ocean 
cores 
Emission spectrographic analyses for major 
elements were performed on the ocean core samples using 
standard techniques of the C.I.T. Geological Sciences 
spectrographic laboratory. Accuracy of the analyses is 
probably z20 percent of the amount of the element present. 
The X-ray diffraction analyses of the cores 
are from Goldberg and Griffin (45),(47). These analyses 
were made on the less-than-two micron fraction of the core 
and are reported normalized to 100 percent clay minerals 
(kaolinite, montmorillonite, illite, and chlorite). They 
are probably accurate to ! 10 percent of the amount of 
each clay present. The mineralogy of the less-than-t1rn 
micron fraction can be expected to be similar to that of 
the less-than-44 micron fraction, which was used for the 
oxygen isotopic analyses . However, since montmorillonite 
temds to be extremely fine grained, a systematic over-
estimation of montmorillonite content may result from the 
assumption that the analyses of Goldberg and Griffin 
describe the mineralogy of the less-than-44 micron fraction. 
Quartz contents were determined for a few of the 
samples by Goldberg and Griffin (45). Quartz concentrations 
for a nwnber of other samples may be estimated using the 
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data of Rex and Goldberg (87) and the data of Rex (86) as 
presented by Arrhenius (1). 
Phillipsite was detected in some of the South 
Pacific samples by Goldberg and Griffin (47). 
The concentration of iron and manganese oxides 
can be estimated from the iron and manganese concentrations 
determined spectrographically. 
The major non-carbonate components of most ocean 
sediments, including those analyzed in this study, are the 
clay minerals, quartz, iron and manganese oxides, and 
sometimes phillipsite . The quartz is of detrital origin 
and the iron and manganese oxides and the phillipsite are 
authigenic. The isotopic compositions of these minerals are 
known from the studies of the pure mineral components 
discussed previously. Since in many instances the con-
centrations of these minerals in the sediment are also 
known, the contributions of each of the non-clay minerals 
and of the clay mineral suite to the isotopic composition 
of the sediment may be determined. 
In calculating the contributions of the non-clay 
components to the isotopic composition of the sediments, 
it is assumed that the isotopic composition of quartz is 
+11. 4 permil. This is the average of all the detrital 
quartz samples measured .. 
If it is assumed that the iron and manganese 
oxides of the sediments are chemically and isotopically 
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similar to the manganese nodule analyzed and also that all 
of the manganese in the sample occurs in iron and manganese 
oxides then we can estimate a correction to the oxygen 
isotope ratio of about 0.1 percent or less for most of the 
samples studied. This is smaller than the experimental 
error and can be neglected. The correction for the hydro-
gen isotopic composition of the iron and manganese oxides 
is also small enough to neglect. 
Phillipsite was found to be present in only two 
samples but its concentration was not determined. Correct-
ions could therefore not be applied to these samples. 
Any feldspar present was ignored in making 
corrections because of the lack of quantitative mineral-
ogical data. The work of Peterson and Goldberg (83) 
suggests that in a few cases feldspar concentrations may be 
great enough to affect the 8-values of the sediments by as 
much as one permil. 
For the majority of the samples studied, quartz 
was the only major non-clay component detected in large 
enough quantities to affect the isotopic composition 
significantly. The oxygen isotopic compositions of all 
the samples were therefore recalculated on a quartz-
free basis. The isotopic compositions corrected for the 
contribution of quartz may be interpreted as representing 
the isotopic compositions of the clay fractions of the 
sediments, except in the cases in which the presence of 
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phillipsite was detected or a high manganese content is 
noted. The latter samples are discussed as a separate 
group. 
Pertinent chemical and mineralogical data for 
the ocean sediments, and the values of their isotopic 
compositions corrected for the contribution of quartz, 
are given in Table 21. 
D. Discussion of the observed isotopic variations in 
ocean sediments 
The mineralogic and cheraical data of the pre-
ceding section showed that with only three exceptions the 
isotopic compositions of the sediments, when recalculated 
on a quartz-free basis, were approximately the isotopic 
compositions of the clay mineral suites of the sediments. 
The isotopic variations of these clay minerals will be 
discussed first, followed by a discussion of the three 
more complex samples (RIS 56, RIS 69, and RIS 80). 
i. Isotopic compositions of clay minerals in ocean 
sediments 
It was pointed out previously that relationships 
exist between the oxygen and hydrogen isotopic compositions 
of clay minerals formed in sedimentary environments. In 
figure 22 the isotopic compositions of the ocean sediment 
clay mineral suites are plotted on a graph of 8D vs 30 18 • 
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Also shown on this graph are the lines along which clay 
minerals formed in equilibrium with meteoric waters at 
low temperatures were estimated to lie. All the data 
points lie within a relatively narrow band which is roughly 
parallel to the lines calculated for the various clay 
minerals. This band lies almost entirely to the left (lovr 
3018 or high 3D) side of the kaolinite line, and com-
pletely to the left of the other clay mineral lines. The 
clay mineral suites of the ocean sediments cannot therefore 
be interpreted as being entirely composed of minerals in 
isotopic equilibrium with sea water or with fresh waters 
at low temperatures. Two possible interpretations of the 
data are that the clay mineral suites are mixtures of 
sedimentary minerals and diagenetically formed minerals 
which were equilibrated with water at elevated temperatures, 
or that the clays have incompletely equilibrated with sea 
water. These two possibilities can be discussed only 
after an examination of the relationship between clay min-
eralogy and isotopic composition of the ocean cores. 
The X-ray determinations of clay mineral con-
centration in terms of weight percents have been recalcu-
lated in terms of mole percent o2 or H2-ii- of the clay 
?r Calculations were done using the formulas: 
Chlorite (Fe2Al(OH) 6)(Mg2Al(Al2Si2o10 )(0H) 2 ); Kaolinite 
Al2Si2o5 (0H) 4 ; Montmorillonite Na. 7A12(si303A1. 7o10 )(0H) 2 ; 
Illite KAl5Si702o(OH)4. 
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mineral suite which is contributed by each mineral. These 
mole percent concentrations are shown in Table 22. The 
mole percent of oxygen due to chlorite is almost constant 
within the experimental error of the determinations, and 
discussions of oxygen isotope variations may be simplified 
by treating the chlorite concentration as a constant rather 
than a variable. This permits the mineralogical com-
positions of the clay mineral suites to be plotted on a 
ternary diagram (actually a projection onto one face of 
a quaternary diagram). The percentage of hydrogen due to 
chlorite has a larger range of variation (13 percent of 
the total amount of H2 ) than does the percentage of oxygen. 
Howeverj the range of variation due to this mineral is 
smaller than that for any other mineral and in order to 
simplify interpretation of the data its concentration will 
be treated as constant. Ternary diagrams of mole percent 
oxygen and hydrogen of the ocean sediment due to kaolinite, 
montmorillonite, and illite are presented in figures 23 and 
24. As may be seen from these figures, the mineralogic 
compositions of the sediments may be further simplified 
by dividing the samples into two groups each one of which 
can be treated as a two component system. One group has 
essentially constant kaolinite concentration and varying 
percentages of illite and montmorillonite. The second 
group of samples has a fixed illite-montmorillonite ratio 
and is variable with respect to the relative proportions of 
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kaolinite and the illite-montmorillonite mixture. Figure 
25 shows the relationships between mineralogic and isotopic 
composition. There is a correlation between kaolinite 
content and both hydrogen and oxygen isotope ratios. 
Samples high in kaolinite are also enriched in both 018 
and deuterium.. In the constant kaolinite group of samples 
there is no obvious correlation between illite (or mont-
morillonite) concentration and isotopic coffiposition. 
However the range of variation in both isotopic and min-
eralogic composition of these samples is small. 
If it is assumed that the isotopic composition 
of each mineral component in a group of clay mineral suites 
is constant then the isotopic composition of each component 
may be determined by silmultaneous solution of four equations 
of the type 
where the X's are the mole fractions of oxygen or hydrogen 
due to each clay mineral, the subscripts refer to kaolinite 
(k), illite (i), montmorillonite (m), and chlorite (c), 
and the Cmeasured is the experimentally determined isotopic 
composition of the clay mineral suiteG It is not possible 
to find a set of unique values of the isotopic compositions 
of the clay minerals, the combination of which adds up to 
give precisely the experimentally determined isotopic com-
position of the clay mineral suite in the case of all the 
1 61 
-Go-
D D "NGO-N 0 :::r: [[J - -Q) 2 50- D = 50- D 0 ~ <>' 40- DJ 0 40- D D 0 0 E E 
30 I I I 30 I I l I 
IG 17 18 19 - 10 -9 -a -7 -6 
3018 8D 
Figure 25 a. Oxygen and hydrogen isotopic compositions plotted against 
illite content for samples with approximately constant kaolinite 
content. 
8 80 
70 70 D 
D 
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- -
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8 018 8 D 
Figure 25 b, Oxygen and hydrogen isotopic compositions plotted against 
kaolinite content for samples with approximately constant illite: 
montmorillonite ratio. 
162 
sediments studied. However, by reiteration o.f the solutions 
of four equations into the equations for all of the samples, 
it is possible to estimate four values which will give good 
agreement in most cases. Figure 26 shows the measured 
0 018 values of the clay mineral suites compared with 
values calculated on the assumption that the O 018 values 
of the mineral components are: montmorillonite, +17.2 
permil; illite, +20.8 permil; chlorite, +7.0 permil; and 
kaolinite, +25.0 permil. Good agreement between measured 
and calculated values is obtained*. Also shown in figure 
26 are the measured values of OD and values calculated on 
the assumption that the OD values of the minerals are: 
montmorillonite, -11 percent; illite, -7 percent; chlorite, 
-10 percent; and kaolinite, -4 percent. The kaolinite OD 
value was chosen so as to make its isotopic composition lie 
on the line determined in section 5.2 for kaolinite in 
equilibrium with natural waters at low temperatures. All 
other OD values were determined so as to best fit the 
experimental data • .Agreement between measured and calculated 
values of 8 D is good al though not as good as agreement 
between measured and calculated values of 8018 • On the 
-ii- Agreement between measured and calculated values of 
8018 are poor in the case of sample JYN IV 11. However, 
mineralogical data were not available for this sample, and 
its mineralogy was assumed to be the same as that for two 
nearby cores. 
so
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basis of the above calculations it may be concluded that the 
isotopic compositions of the clay mineral components in 
most of the ocean sediments studied lie in the ranges in-
dicated in Table 23, and shown in figure 27. 
TABLE 23 
Range of isotopic compositions of clay minerals in 
ocean sediments 
Ivlineral 
Montmorillonite 
Illite 
Chlorite 
Kaolinite 
+15 to +19 
+19 to +23 
+ 5 to + 9 
+ 23 to +27 
8 D 
-9 to -13 
-5 to - 9 
-8 to -12 
-2 to - 6 
It may be seen in figure 27 that the calculated 
isotopic composition of illite lies close to the line 
estimated for illites in equilibrium with natu:cal waters 
under sedimentary conditions. The calculated isotopic 
composition of montmorillonite lies slightly off the mont-
morillonite line and the calculated isotopic coillposition 
of chlorite lies far off the chlorite line. 
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a. Kaolinite 
The source of the terrigenous components of 
ocean sediments has been discussed by many workers, in-
eluding Arrhenius (1),(2), Yeroshchev-Shak (114),(115), 
Goldberg and Griffin (45) (46), and Biscaye (6). The 
high kaolinite content of the Atlantic equatorial sediments 
has been explained by Yeroshchev-Shak and others as orig-
inating from the tropical weathering of laterite deposits 
of South America and Africa. The kaolinite enters the sea 
through the Amazon, Congo and other rivers which flow 
through tropical areas to the Atlantic. The fractionation 
factor calculated in section 5e2 for the kaolinite water 
system was 1e0265 at approximately 1700. This implies 
that kaolinite in equilibrium with sea water would have an 
oxygen isotopic composition of 26 to 28 permil depending 
on temperature and kaolinite forming in equilibriu:w. with 
fresh waters in tropical areas would be expected to have 
an isotopic composition of +24 to +26 permil because the 
8 018 and OD values of tropical rains are only slightly 
smaller than those of rain waters. The oxygen isotopic 
composition of kaolinite in ocean sediments was calculated 
to be +25 ±2. The isotope data therefore cannot distinguish 
in the case of kaolinite whether the mineral obtained its 
isotopic composition in a fresh water or marine environrr.ent. 
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b. Ohlorite 
The chlorite of the Northern Pacific Ocean was 
recognized by Goldberg and Griffin (46) to have its source 
in Northern Canada, Alaska, and the Aleutian Islands. 
Biscaye (6) found high chlorite concentrations in the high 
latitudes of the North and South Atlantic, and concluded 
that the' chlori te has its source in metamorphic rocks and 
as a weathering product in terrestrial arctic environments 
(Jackson (55). Based on the clay mineral distributions he 
observed, Biscaye found no evidence for submarine diagenesis 
to form chlorite as had been postulated by Griffin and 
Ingram (49), Powers (85) and others. The 80 18 value of 
+5 to +9 permil for the chlorite found in marine sediments 
is in the range of the metamorphic chlorites reported by 
Garlick and Epstein (40). It is also in the range of values 
which might be expected for chlorite which equilibrated 
with the natural waters of temperate zones at slightly 
elevated diagenetic temperatures or at low temperatures 
with the waters of polar regions. The isotopic data for 
these ocean sediment chlorites give strong support to 
an interpretation of their origin from terrigenous sources. 
As related to the 80 18 value and the line 
estimated in the 8 D vs O 018 plot for the isotopic com-
positions of chlorites exchanged at sedimentary temperatures, 
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the 3:0 value of the chlorites is compatible with two 
origins of the mineral. First, diagenetic exchange at 
elevated temperatures with ground water or a metamorphic 
origin would result in the measured isotopic composition 
of the chlorites. Second, it is possible that chlorite 
formed at low temperatures with fresh waters but had 
subsequently undergone hydrogen isotopic exchange with 
sea water. The second possibility seems unlikely because 
a large fraqtion of the hydrogen of the chlorite occupies 
:positions chemically and structurally similar to that of 
montmorillonite and illite, and montmorillonite and illite 
are unexchanged in sea water. In addition, the D/H ratio 
of chlorite in ocean sediments ( 8 = -10 percent) is 
greater than the D/H ratio of hydrogen estimated for 
chlorite in section 5.4 ( 8= -15 :percent). It is not 
possible for chlorites with low D/H ratios to exchange with 
sea water and attain a 0-value of -10 percent when the end 
point of the exchange corresponds to a 8 -value of -15 
percent. The chlorite of the ocean sediments is therefore 
probably primarily of diagenetic or metamorphic origin. 
Co Illite 
Illite, the most abundant clay mineral in. most 
of the Atlantic (Biscaye (6)) and in areas of low volcanic 
activity in the Pacific, is probably of detrital rather 
than authigenic origin in the ocean basins. Hurley et .@J... 
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(54) measured potassium-argon ages of 200 to 400 million 
years on a number of ocean cores from the Atlantic Ocean. 
The same sediments were dated paleontologically as well as 
by c14 and Pa231/Th230 methods as being deposited during 
the Pleistocene. Thus the potassium bearing phase of the 
sediment must be detrital. Illite is the major potassium 
bearing phase of the ocean sediments, and thus its detrital 
origin is strongly inf erred. The oxygen isotopic data 
support the contention of the detrital origin of illite. 
The estimated o 018 value of this mineral in the sediments 
studied is +21 !2• The estimated oxygen isotope frac-
tionation factor between illite and water at ocean-bottom 
temperatures is approximately 1.030. Even if this is 
in error by as much as 3 permil, illite in isotopic equili-
brium with sea water would have an o18/o 16 ratio of +27 to 
+30 permil and would be easily distinguishable from the 
illite of the ocean cores studied ( 00 18 = +19 to +23 
permil). The isotopic composition .of the hydrogen is 
similarly in accord with a terrestrial origin of the illite• 
Illite is formed as a weathering product and is 
also formed diagenetically in sediments. The isotopic data 
of the ocean cores are compatible with an origin of illite 
by the above mechanisms. There is no evidence from the 
samples analyzed of any isotopic exchange of illite with 
sea water in the marine environment. 
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d. Montmorillonite 
Montmorillonite can occur in ocean sediments as 
either a detrital or an authigenic phase. The isotopic data 
of section 5.2 for montmorillonites of authigenic origin 
on the ocean floor indicated a fractionation factor for 
oxygen between montmorillonite and water of approximately 
1.028. Our estimates of the isotopic composition of mont-
morillonite from ocean core samples indicate a value 
between +15 and +19 perm.il, which is considerably lower 
than the o18/o 16 ratio of montmorillonite which forms 
authigenically on the sea floor. Montmorillonite, then, does 
not seem to undergo isotopic exchange in the marine environ-
ment during the length of time it existed in the marine 
sediment. Thus, its isotopic composition may serve as an 
indicator of detrital or authigenic origin. 
In summary, the isotopic compositions of the 
clay-mineral suites of most of the ocean sediments studied 
may be described quite well in terms of the four component 
system: montmorillonite, illite, chlorite, and kaolinite, 
each component having an almost constant isotopic com-
position. The values of the isotopic compositions are 
generally determined by the conditions of formation in a 
terrestrial environment. The clay minerals do not undergo 
significant isotopic exchange with sea water during the 
time which they have been exposed to the marine environment 
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(probably less than 250,000 years for the samples analyzed 
here, based on ionium-thorium dating on a number of them 
by Goldberg and Koide (123) and Goldberg and Griffin (45)). 
When the minerals of an ocean sediment are formed ill .§.lli, 
this may be detected by their isotopic composition 
ii. Isotopic compositions of sediments containing 
phillipsite and high concentrations of iron-
manganese oxides 
Three ocean core samples from the South Pacific 
Ocean were omitted from the previous discussion because 
chemical, mineralogical and isotopic data (Table 21) showed 
them to be very different than the remaining samples. 
These samples, RIS 56, RIS 69 and RIS 80, were collected in 
the vicinity of the East Pacific Rise, an area of recent 
submarine volcanism in which the sediments are rich in 
weathered volcanic matter. The experimental data for the 
three samples from this area indicate that they are in 
large part authigenic, having formed by alteration of 
volcanic material on the sea floor. All are extremely rich 
in iron and manganese, and two of them contain phillipsite. 
In figure (28) the Fe + Mn content of a number of ocean 
cores as well as for phillipsi te and a manganese nodule~~ 
tt d i t ~ 018. are plo e aga ns o While the Fe + Hn content of 
most of the samples is low and falls within a very narrow 
* Hanganese nodule analysis from Mero • 
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Figure 28. Weight percent iron and manganese in ocean sediments, 
phillipsite, and a manganese nodule plotted against (3018. All 
ocean sediments cluster together except three South Pacific samples 
with large authigenic components. 
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range (3.5 + 1.5 percent) the Fe+ lvin content of the three 
anomalous samples from the South Pacific is considerably 
greater (7.4 to 13.9 percent). The clay mineral suit es 
of RIS 69 and RIS 80 contain some kaolinite, illite, and 
chlorite, indicating they are in part detrital in origin. 
The positions of the three samples on the Fe+ Hn vs 80 18 
diagram suggest that they are a mixture of 0 18 -poor 
18 
detrital clay minerals and oxides, and 0 -rich phillipsite 
and perhaps montmorillonite of authigenic origin. It may 
also be seen in figure 28 that the existence of sediments 
with low 8 0 18 values do es not nee essarily preclude the 
·presence of a large amount of authigenic material. An 
example of such a sediment is sample RIS 69 which has a 
large authigenic component and a value of 80 18 which is 
lower than most detrital sediments analyzed because of its 
high content of iron and manganese oxides. "While isotopic 
data alone may not be able to characterize the origins of 
minerals in ocean sediments in all cases, a combination 
of isotopic, chemical , and X-ray data can shed a great deal 
of light on the nature of the processes by which many of 
the minerals in the sediments are formed. 
6.2 Oxygen isotopic compositions of modern beach sands 
The isotopic composition of beach sands is of 
interest because these materials are mineralogically similar 
to many which have become indurated to form sandstones. 
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Thus, an understanding of the isotopic composition of beach 
sands can serve as one of the bases for understanding the 
isotopic composition of sandstones and the processes 
involved in their formation. 
Seven North American beach sands were isotopically 
analyzed. Samples from the southeastern United States 
were nearly pure quartz ( > 95 percent). These were cleaned 
in hydrochloric acid and subjected to separation on the 
Frantz isodynamic separatoro The non-magnetic (1.4 amp., 
2° side slope) fraction was analyzed for oxygen. Samples 
from other areas which were analyzed contained high per-
centages of minerals other than quartz. Whole rock "splits" 
of these samples were isotopically analyzed as were quartz 
fractions separated by magnetic and gravimetric methods 
followed by a brief cleaning in HF. The isotopic data are 
listed in Table 24. These data represent samples with 
broad geographical diversity and differences in mineralogy 
and maturity. Descriptions of the samples are given in 
Appendix II. 
The isotopic compositions of the quartz fractions 
of the samples were discussed in section 5.3, and it was 
concluded that the o18/o 16 ratio of detrital quartz was 
determined by its provenance and is primarily of meta-
morphic and igneous origin. 
The Huntington Beach, California sample con-
tained quartz only a little heavier than igneous quartz. 
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Calculation of the isotopic composition of the non-quartz 
fraction from the quartz and whole rock data gave a value 
similar to that for igneous feldspar, the most abundant 
mineral in the non-quartz fraction. 
The Bath, Maine sample contained quartz which 
appeared, on the basis of its o18/o 16 ratio, to be prima-
rily or entirely metamorphic. The isotopic composition of 
the non-quartz fraction was calculated to be about +10.5 
permil. This fraction contained not only some feldspar but 
chlorite, chert, and a number of other minerals. 
The beach sand from La Push, Washington is inter-
esting in that it was the only one for which the isotopic 
composition of the whole rock sample was heavier than that 
of the quartz. This implies that the sample contained 
a sedimentary or metamorphic component in the non-quartz 
fraction. The La Push sand contained about 25 percent of 
what appeared to be very cloudy weathered feldspar peak 
and only a very weak 10 i illite peak. Perhaps conditions 
under which the feldspar became cloudy and some illite 
formed also permitted isotopic exchange of the feldspar 
to occur. 
It appears that in the case of beach sands as with 
ocean sediments, the isotopic compositions of the detri-
tal materials are those which the minerals obtained when 
last they underwent some chemical alteration or isotopic 
exchange at elevated . temperatures. The mineral may not have 
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to be completely altered as was the case with the La Push 
feldspar. However, no case has been found in this study 
in which there is evidence that a sand-sized mineral has 
undergone isotopic exchange in the sedimentary environment 
without being accompanied by an obvious chemical alteration. 
6.3 Isotopic composition of shales 
Marine shales are similar in many ways to the 
ocean core samples which were analyzed, although they 
differ in rates of deposition, depth of water of deposition, 
depth of water of deposition and to some extent in min-
eralogy. Shaw and Weaver (92) have published X-ray dif-
fraction analyses of 400 shales of Paleozoic, Mesozoic and 
Tertiary times and a summary of their analyses is presented 
in Table 25. The chief difference between these analyses 
and those of most of the ocean cores studied is the larger 
amount of quartz in the shales. There is no similar com-
pilation of the clay mineral abundances in a large number 
of samples from a wide range of geologic ages. Weaver (111) 
has collected qualitative and semiquantitative clay-mineral 
data by a large number of workers. He finds a tendency 
for illite to be the primary clay mineral prior to the 
upper Mississippian, and interprets this as the result of 
diagenetic alteration of other clay minerals. (Most of the 
old illite is of the 2M variety rather than the 1M variety 
typical of recent sediments.) Clay mineral suites in rocks 
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younger than upper Mississippian are more complex and 
appear to reflect parent material and environment of 
formation. Geologic periods in which there was much 
vulcanism tended to correspond with times in which there 
were greater concentrations of montmorillonite in the shales. 
However, as a general rule, according to Weaver, the 
abundances of the clay minerals in shales may be ranked 
as follows: illi te > montmorilloni te > mixed-layer mont-
morilloni te-illi te >kaolinite> chlorite. 
TABLE 25 
.Average shale composition (wt. %) after Shaw and Weaver (92) 
Height 
Mineral Percent 
Quartz 30.8 
Feldspar 4.5 
Olay Minerals 60.9 
Iron Oxides < 0.5 
Carbonates 3.6 
Other Minerals <2 . 0 
Organic Natter 
By assuming values of the isotopic compositions 
of the various mineral components we can calculate e~pected 
values for shales. If we take the isotopic composition of 
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quartz to be +11.4 permil, that of feldspar to be +8 perrn.il, 
and that of the clay mineral suite to range from +16 to +22 
permil, then, using the average mineral percentages of 
Shaw and Weaver (92) the expected values of the isotopic 
composition of the carbonate-free fraction of shales would 
range from +14 to +18 peI'lilil. The shales measured and 
reported by Taylor and Epstein (102) and Silverman (93) 
fall within the range 14.2 and 18.2. Only two new shale 
measurements were made during the present study, and these 
were both from the non-marine Green R. formation, Green 
R. Wyoming. The results, presented in Table 26 are in 
good agreement with the shale measurements of the earlier 
workers. 
TABLE 26 
Isotopic composition of shale samples from the Green R. Fm. 
Sample 
GR6 +18.1 
GR7 +19. 1 
1-To. 
runs 
2 
3 
Av. 
dev. 
o.o 
0.1 
DD 
- 5.76 
-12.96 
No. 
runs 
2 
6 
Av. 
dev. 
0.2 
o.6 
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It is interesting to note that GR7 has 0 D of 
-13.0 percent. This is the lightest value measured in a 
sediment, and may reflect hydrogen isotopic exchange of this 
sample with the low-deuterium water of the area. 
The isotopic composition of detrital quartz and 
feldspar in shales is almost certainly representative of 
the parent materials. The isotopic compositions of detrital 
clay minerals of ocean sediments were seen to be determined 
by the source of the clay minerals and not by the depos-
itional environment. This is probably also true of the 
detrital clay minerals of shales, although in cases in 
which the clays have been exposed to sea water for much 
longer times than the clays of the analyzed ocean cores 
it is possible that some exchange might occur. In general, 
the isotopic composition of shales can not be expected to 
yield information as to whether the depositional environment 
was marine or non-marine. However isotopic analyses of 
separated clay minerals from shales might give information 
about the source of the clay minerals or the nature of 
any post-depositional alteration of the rocks. 
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OHA.PTER VII 
EFFECT OF FORMATION OF SEDHIBNTS ON THE ISOTOPIC 
00¥.LPOSITION OF THE HYDROSPHERE 
The formation of minerals in the sedimentary 
environment results in preferential removal of the heavy 
isotopes of oxygen and the light isotope of hydrogen from 
the hydrosphere. In this chapter, the magnitude of the 
effects of sedimentary processes on the isotopic compos-
ition of the hydrosphere will be explored. 
Based on the few available isotopic analyses, 
Silverman (93) estimated that the formation of sediments 
throughout geologic time had depleted the hydrosphere of 
0 18 by 4 to 12 perrnil. Since that time more information 
has become available about the o18/o 16 ratios and the rela-
tive and absolute abundances of the various sedimentary 
rock types. The present work provides information on the 
direction and magnitude of hydrogen isotope fractionations 
in sedimentary minerals. It therefore seems profitable to 
reexamine the calculations in the light of the new data. 
Material balance eq_uations, similar in form to 
those used by Silverman, were the basis of the present 
computation. The eq_uation used in calculating the effect 
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of sedimentation on the o18/o 16 ratio of the hydrosphere is 
S ( 0 0 18sediments _ 0 0 18igneous) 
prasent 
( 
oceans 
= w 8018 
where S is the amount of oxygen in the sedimentary rocks, 
and is approximately equal to the amount of oxygen in all 
the igneous rocks which have been weathered. W is the 
amount of oxygen in the oceans. The data used in the cal-
culations are given in Table 27. The assumptions and con-
ditions of the calculation are: 
1. All sediments have been formed by weathering 
of igneous rocks with an average 80 18 value of +8. 5 permil, 
or by weathering of other sediments originally formed from 
igneous rock. Recycling of sediments through a metamorphic 
cycle, accompanied by isotopic reequilibration with the 
mantle to an extent which would significantly alter their 
isotopic composition, and followed by further. weathering, 
has been ignored. 
2. The isotopic composition of the sediments 
formed have always been similar and have not been radically 
affected by possible large changes in the isotopic compos-
ition of the hydrosphere. This assumption was necessary 
since the value of 8018 for sedimentary rocks ·which was used 
in the calculation was obtained almost entirely from post-
Precambrian rocks, and this period of time represents only 
a small portion of the time in which sedimentary rocks have 
TABLE 27 
Amount and isotopic composition of oxygen 
in sediments, weathered igneous rock, and the oceans 
a . Wickman' s estimates 
shale 
sandstone 
carbonates 
all sediments 
kg/cm2 
172 
17. 3 
20 
weathered igneous 
rock 194 
( 113) 
Wt%0 
45a 
4 3b 
49c 
48 
kgO/ cm2 
78 
8. 3. 
9. 8 
9b 
93 
b. Goldberg and Arrhenius estimates (44) 
c . 
pelagic 
carbonate 
ss + shale 
all sediments 
kg/cm2 Wt %0 
23 45 
8. 5 49 
145 47 
weathered igneous 
rock 185 
ocean water 
kg/cm2 
278 
48 
Wt %0 
89 
a presentstudy (11) 
kg0/cm2 
10 
4 
6 8 
82 
89 
kgO/ cm2 
248 
0018 weighted Oo 18 
16a, d 
ua, d 
25e 
17 
0018 weighted 0018 
19a 
25e 
i5a, d 
0018 
0 
16 
b from Clarke used by both Wickman and Goldberg and Arrhenius 
c from Wickman's abundance MgC03/CaC03 = 1/5. 3 by weight 
d Taylor and Epstein ( 103) 
e Keith and Weber ( 56) 
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been formed. 
3. The amount of oxygen in the igneous rocks 
which have been weathered is the same as that in the sed-
iments. 
The results of the calculations indicate that the 
formation of sediments has caused a depletion of 018 in 
the hydrosphere of between +2.7 and +3.3 permil depending 
on the values used for the amounts of the various sediment-
ary rock types. 
The estimates of the abundances of sedimentary 
rocks used in these calculations were those of Wickman (113) 
and Goldberg and Arrhenius (44). Both of these estimates 
were obtained by a geochemical balance of the concentrations 
of elements in sea water and in sedimentary rocks. The 
isotopic calculations are of course only as good as the 
estimates of the abundances of the rock types, but as may 
be seen from the data of Table 27, the estimates of Wick-
man and of Goldberg and Arrhenius differ in a number of 
respects without having a large effect on the result of the 
present calculations. Undoubtedly the most significant 
variable in the calculation is the total mass of igneous 
rock which has been weathered. This has been agreed upon 
quite well by a number of separate investigators on the 
basis of geochemical calculations (Goldschmidt (43), 
160 lcg/cm2 ; Engelhardt (32), 160 kg/cm2 ; Goldberg and 
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and Arrhenius (44), 185 kg/cm2 ; Wickman (113), 194 kg/cm2 ). 
However, the weakness of geochemical balance calculations 
of this type is that they include the assumption that the 
factors controlling the concentrations of elements in sea 
water have been the same throughout geologic time. The 
residence times of most elements in the oceans are less 
than 108 years (Barth (4), Goldberg and Arrhenius (44)). 
Therefore,' if the chemistry of the hydrosphere were greatly 
different 109 years ago than it is today, and the rate of 
erosion were also significantly different then, no hint of 
this would be found in the geochemical balance calculations. 
The assumptions concerning the reworking of meta-
morphic material and the addition of water to the oceans 
through geologic time are more difficult to evaluate. If 
there has been considerable recycling of sedimentary mate-
rial to a high degree of metamorphism with subsequent weath-
18 
ering, the effect will be to remove more 0 from the 
hydrosphere than was estimated in the calculation. 
The figure of approximately 3 permil calculated 
18 
in this work for the depletion of 0 from the hydrosphere 
is smaller than the figures of 4 to 12 permil estimated by 
Silverman. It is not consistent with an origin for the ·water 
from crystallizing magmatic bodies, as the 80 18 value 
of water from that source is probably between +8 and +10 
permil (O'Neil and Taylor (80)). If the major source of 
the hydrosphere is magmatic water, this would imply an 
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underestimation by a factor of three of the amount of 
igneous rock which has been weathered or the existence of a 
large amount of recycling of sediments through metamorphism, 
isotopic equilibration with the oxygen of the mantle, and 
subsequent weathering. 
If the calculations are valid and the weathering 
and sedimentary processes have been going on at approx-
imately the same rate for three billion years, then the 
rate of change of 8018 since the end of the Precambrian 
would be only about 0.5 permilo This is only a little more 
than twice as large as experimental error and would be 
difficult to detect. 
The estimation of the change in hydrogen isotope 
composition of the hydrosphere is done in a similar way to 
that of oxygen. The pertinent data are shown in Table 28. 
Because of the very small amount of hydrogen in rocks rel-
ative to that in the hydrosphere, the change in 8D due 
to sedimentary processes is calculated to be 0.03 percent 
using Wickman's estimates of the abundance of the sediment-
ary rock types and even less using the estimates of Gold-
berg and Arrhenius. These numbers .are much smaller than 
experimental error, so the question of any change in 8n 
of the oceans due to sedimentary processes can be ignored. 
In the case of deuterium, the recycling of sediments through 
meta.i.~orphism would almost certainly not be a significant 
factor in changing the isotopic composition of the oceans. 
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TABLE 28 
Amount and isotopic composition of hydrogen 
in sediments, weathered igneous rock, and the oceans 
a. Wickman' s estimates (113) 
kg/cm2 
shale 172 
sandstone 17. 3 
carbonate 20 
all sediments 
weathered igneous 
rock 194 
b. Goldberg and Arrhenius ( 44) 
pelagic 
carbonate 
sandstone + shale 
all sediments 
weathered igneous 
rock 
c. 
ocean water 
a Clarke { 11) 
b This work 
kg/cm2 
23 
8. 5 
145 
185 
kg/cm2 
278 
c TaylorandEpstein (101) 
Wt%H kgH/ cm2 
0. 56 0. 96ab 
0. 18 0. 031 a 
o. 086 0. 0 na 
1. 01 
0. 13 0.25 
Wto/oH kgH/ cm2 
o. 56 0. 13 
0 . 18 0. 015 
0 . 48 0. 69 
0. 84 
o. 13 0.24 
Wt o/oH kgH/ cm 2 
11. 1 3 0. 8 
0 D 
-6b 
-6b 
- 6b 
--::t) 
-6C 
OD 
-6 
-6 
-6 
-6 
-6 
OD 
0 
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However, the addition of water to the hydrosphere from the 
interior of the earth might be expected to have a signifi-
cant effect on the deuterium concentration of the oceans. 
Thus, if evidence were found for a change in the D/H ratio 
of the oceans in the course of geologic time, this would be 
good evidence for an increase in the volume of the hydro- . 
sphere~ 
The above considerations do not include possible 
changes in the o18/o 16 and D/H ratios of the hydrosphere 
due to loss of hydrogen and oxygen from the planet earth. 
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CHAPTER VIII 
StJ.r~Vl.ARY AND CONCLUSIONS 
Oxygen and hydrogen isotope measurements have 
been made on a large variety of sedimentary rocks and min-
erals, with special emphasis on the fine-grained (predom-
inantly clay mineral) fraction of the sediments. By means 
of a series of experiments in which hydrous minerals were 
dried in a drybox for different lengths of time or outgassed 
under vacuum at varying temperatures and lengths of time, 
it was ascertained that interlayer water could be success-
fully removed from montmorillonite type clay minerals prior 
to measurement of their oxygen and hydrogen isotopic com-
positions. The interlayer water was removed because it 
readily exchanges with atmospheric water vapor, and. its 
analysis served no useful purpose in this study. There was 
no isotopic exchange between the interlayer water and the 
clay mineral during the outgassing procedure. The removal 
of water from zeolites is not as satisfactory, and 8018 
measurements of these minerals may be inaccurate by a few 
permil because of the presence of some zeolitic water. 
Approximate fractionation factors between sedi-
mentary minerals and water may be inf erred from the iso-
topic compositions of natural samples. Other mineral -
water fractionation factors have been estimated from the 
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number and kinds of chemical bonds contained in the min-
erals. The oxygen isotope fractionations between minerals 
fall in roughly the same order as do those for the igneous 
minerals analyzed by Taylor and Epstein ( 103). :B1 ramework 
silicates concentrate 0 18 with respect to layer silicates, 
and these in turn concentrate 0 18 with respect to oxides. 
All hydrogen containing minerals analyzed concen-
trate hydrogen rather than deuterium with respec.t to water. 
Among the sheet silicates, the minerals with larger Al:Mg 
ratios in the octahedral sheets concentrate deuterium with 
respect to minerals with smaller Al:Mg ratios. Oxygen and 
hydrogen isotope fractionation factors between sedimentary 
minerals and water are listed in Table 290 
TABLE 29 
Isotopic fractionation factors between minerals 
and water at sedimentary temperatures 
Mineral ox a min-H20 
hy 
a min-H20 
Quartz 1.034 
Alkali feldspar 1.034 
Phillipsite 1: 034 
Montmorillonite 1. 027 0.94 
Illite 1. 029 0.97 
Kaolinite 1. 027 0.97 
Glauconite 1. 026 0.93 Chlorite 1. 022 o.85 
Manganese Nodule 1.015 0.92 
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Consistency of relationships between oxygen and 
hydrogen isotope ratios of clay minerals taken from a var-
iety of areas and having different absolute values of iso-
tope ratios was demonstrated in a number of cases. These 
relationships res~lt from exchange of clays with different 
meteoric waters under conditions in which the fractionation 
factors are constant. This strongly suggests that the 
fractionation factors are equilibrium ones and that clay 
minerals form in isotopic equilibrium with their environ-
mentsu Once formed,clay minerals may undergo isotopic ex-
change at slightly elevated temperatures, perhaps as low as 
4o0 c, over lengths of time which are fairly short geologic-
ally. There was no clearly demonstrable case of clay min-
erals undergoing isotopic exchange at sedimentary temper-
atures, although one possible interpretation of the data of 
some Upper Cretaceous glauconi tes analyzed is that .exchange 
at low temperatures occurred. 
Isotopic analyses of modern ocean sediment core 
samples indicate that the authigenic and detrital components 
of the sediments are each characterized by isotopic comp-
ositions determined by their mode of origin. The most 
important authigenic components of ocean sediments are 
montmorillonite, phillipsite, and iron and manganese oxides. 
These have isotopic compositions compatible with formation 
in the marine environment under isotopic equilibrium con-
ditions. The most important detrital minerals in ocean 
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sediments are montmorillonite, chlorite, illite, kaolinite, 
and quartz. Detrital montmorillonite contains as much as 
eight or ten permil less 0 18 than authigenic montmorillon-
1 te, and thus 80 18 measurements can be used to distinguish 
between the two. The carbonate-free phases of most of the 
ocean sediments which are primarily of detrital origin are 
describable in terms of a mixture of the following compon-
ents with the indicated 8-values: 
8 018 
Quartz +11. 4 
Ivlontmorillonite +17 -11 
Illite +21 
-7 
Ohlorite :>f-7 -10 
Kaolinite +25 .-4 
These values are compatible with an origin of kaolinite 
as a weathering product in tropical areas, of illite and 
montmorillonite as weathering or diagenetic minerals, and 
of chlorite primarily from metamorphic or diagenetic sources 
but possibly also containing a high latitude weathering 
componento There is no evidence for isotopic exchange of 
any of the detrital clays in the ocean cores. Some of the 
samples have been dated by ionium-thoriurn methods (Goldberg 
and Griffin (45)) at 250,000 years or more, indicating that 
isotopic exchange does not occur at ocean-bottom temper-
atures to a significant degree in that length of time. 
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The range of 8-values of pelagic sediments, which 
reflect the detrital origin if the minerals, is similar to 
that found for shales. This indicates that while isotopic 
composition probably cannot be used to distinguish fresh 
water shales from marine shales, it may be of use in study~ 
ing the origin of the clay minerals in shales, and their 
post-depositional history. 
Isotopic analyses of coarse grained detrital 
minerals, especially quartz and feldspar, indicate that 
the o18/o 16 ratios of these minerals are retained from the 
igneous or metamorphic environment in which they originated. 
Where there is no evidence of chemical reaction or secondary 
overgrowth, there is no evidence that these minerals have 
undergone isotopic exchange in the sedimentary environment. 
The isotopic compositions of detrital quartz and feldspar 
can therefore be used as indicators of provenance • . 
With the data of this study and others on the 
o18/o 16 and D/H ratios of the various sedimentary rock types, 
and with the available estimates of the abundances of these 
rock types, it has been possible to calculate the extent 
to which the weathering and sedimentary processes have 
affected the isotopic composition of the hydrosphere. These 
calculations indicate that changes due to these processes 
throughout geologic time could have made the oceans poorer 
in 018 by about three permil and richer in deuterium by 
only 0.03 percent. This would correspond to a very small 
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change in 80 18 and a negligible change in 8 D sine e the 
end of the Precambrian as a result of these processes. 
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APPENDIX I 
DERIVATION OF THE EQUATION RELATING o D vs. So18 PLOTs 1gF CLAYS EXCHANGED WITH METEORIC WATERS TO THE {)D vs. 8 0 
PLOT OF METEORIC WATERS 
Consider the exchange of two aliquots of a clay with two 
isotopically different meteoric waters under conditions such that 
ox hy 
a c lay-H20 and a c lay-H20 are constants. Then, 
~clay 
0 018 
Similarly 
= (O O )clay 1 1000 
[ 
18; 16 J 
(o18/o16)SMOW - x 
~[ (ol8/o16)SMOW -x 
= [ a :~ay-HzO ( 1 + )- 1 J x 1000 
x 1000 
( 1) 
(2) 
For two different clays which have undergone exchange with two dif-
ferent meteoric waters 
~ clay(2) 
- 0 018 = (3) 
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Computing a similar equation for hydrogen and dividing, we obtain 
0 clay(l) 0clay(2) D - D hy [<;:.-HzO (1) ~HzO (2)] a clay-Hz~ 0 D - 0 D (4) 
ox HzO ( 1) HzO (2) ~· clay( 1) ~ clay(2) 
0 018 - 0 0 18 aclay-H20 8018 Ool8 
The expression in brackets on the right hand side of equation (4) is 
the slope of the line of meteoric waters on a SD vs . So18 plot. 
This is essentially a constant equal to 0.80. Thus, the expression 
on the left hand side of the equation, the slope of the line con-
necting the clay points, is also a constant. The trajectory of the 
clay points is therefore a straight line of the type 
OD (%) = A 0 0 18 (% 0 ) + B 
hy 
A = 0.80 x a clay-Hz.Q_ 
ox 
a clay-HzO 
To evaluate B, substitute equations (1), (2), and (6) into 
equation (5) . 
HzO) J 0 D - l x 100 
100 
0.80 x 
hy 
a clay-Hz.Q 
ox 
a clay-H20 
[ 
ox ( H20) a clay-H2o 1 + 0 al8 -1000 
Upon simplifying, we obtain 
hy 
B = 800 aclay-Hz.Q 
hy 
699 a clay-H2o - 100 
OX 
a clay-HzO 
(5) 
(6) 
} 1000+] 
(7) 
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APPENDIX II 
SAMPLE DESCRIPTIONS AND GEOLOGICAL BACKGROUND 
A. KAOLINITE 
1. Murfreesboro, Arkansas (API Standard H 1) 
This sample was collected from the Upper Cretaceous Tokio 
Fm. It has been interpreted by Herold and Heyl (32) as water-
laid volcanic material which alt~red in part after deposition. 
Fossil plants are present. 
Microscopic examination by Main in Kerr~ al. (60) 
indicates 1 - 2 percent quartz, 1 - 2 percent orthoclase, 0.1 -
0.5 percent albite, 1 - 2 percent rutile, traces of limonite, 
0.5 - 1.0 percent ferromagnesian minerals. 
2. Bath, S. Carolina (API STANDARD H 5) 
Sample was collected from the Cretaceous Upper Hamburg Fm. 
or Middendorf Fm. Veatch (108) interprets its depositional 
environment as non-marine but Neumann (74) interprets it as 
marine. S~me alteration has occurred since deposition Kerr 
!:.! al. (60). 
Microscopic examination by Main in Kett ~ al. (60) 
indicates 1 - 2 percent quartz, 1.5 percent orthoclase, 1 - 1.5 
percent limonite, 1 percent leucoxene. 
3. Langley, S. Carolina (Wards No. 492) 
Sample was collected a few miles from Bath, S. Carolina, 
and its geology is probably similar. Macroscopically it is 
very similar to the Bath, S. C. sample, 
4. Mesa Alta, N. Mexico (API Standard H 9) 
The sample was collected from the Cretaceous Dakota 
Sandstone. Darton (23) has interpreted it as having undergone 
two stages of kaolinization, one prior to deposition and one 
subsequent to deposition. 
Microscopic examination by Main in Kerr ~ al. (60) 
indicates 1 - 1.5 percent titanite, o.5 - 1 percent limonite, 
traces of orthoclase, plagioclase, zircon. 
5. Sedlec, Czechoslovakia (Provided by J. Konta) 
The sample is a residual weathering kaolinite formed on 
granite. It is of Oligocene and early Miocene age and is over-
lain by non-marine sediments. Konta (63) gives X-ray analytical 
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data indicating low quartz and mica content in fine grain 
size, and high quartz and mica in coarse grain size. Isotopic 
analyses were performed on several size fractions and results 
were extrapolated to zero percent impurities. 
6 . Kadan, Czechoslovakia (Provided by J. Konta) 
This is of weathering origin. It was sampled 33 km NE 
of the Sedlec kaolinite (Konta (62)). 
7. Podlesi, Czechoslovakia (Provided by J. Konta) 
This sample is taken from the same area of Czechoslovakia 
as the Sedlec and Kadan samples and is of weathering origin 
(Konta (60)). 
B. HALLOYSITE 
1. Bedford, Indiana (API Standard H 12) 
Sample was collected at Mississippian - Pennsylvanian 
boundary, in Chester formation. Callaghan (10) has interpreted 
the origin as having been deposited from solution. 
Microscopic description by Main in Kerr ~ al. (60) 
indicates 1 - 1.5 percent sericite, 0.5 - 1 percent quartz, 
and traces of orthoclase, limonite and rutile. 
C. DICKITE 
1. Horni Slavkov , Czechoslovakia (Provided by J. Konta) 
This is of hydrothermal origin. Its temperature of 
formation has been estimated at approximately 300 to 350°C 
(Konta (62)). 
2. Kladno Zapotocky, Czechoslovakia (Provided by J. Konta) 
The sample was taken from a sedimentary deposit (Konta 
(62)) from the same general region as other Czechoslovakian 
clays analyzed here, near Prague, about 100 miles east of Horni 
Slavkov . 
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D. MONTMORILLONITE (from ocean cores) 
1. RIS 81 (Provided by J. J. Griffin) 
Sample was collected in the Pacif i c Ocean (14°08'S, 
138°06'W) in an area in which sediments are formed predominantly 
of volcanic material (Goldberg and Griffin (46)). Iron oxides 
were removed from sample by J. J. Griffin who separated the 
finest grained, almost pure montmorillonite fraction. 
2. EM - 7 Run 1 (Provided by J. J. Griffin) 
Sample was taken in experimental Mohole test site 
28°58'N, 117°28'W, approximately 153 meters below sediment 
surface. Volcanic fragments are found in nearby sediment 
and basalt layer is 15 meters below sample. J. J. Griffin 
separated the finest grained, very pure montmorillonite fraction. 
E. MONTMORILLONITE (from bentonites) 
1. Polkeville, Mississippi (API Standard H 19) 
Sample taken from (Oligocene) Vicksburg formation and is 
highly altered volcanic ash. There are marine fossils present 
(Kerr~ al. (58)). 
Microscopic examination by Main in Kerr ~ al. indicates 
5 - 7 percent ferromagnesian minerals, 0.5 1.5 percent 
quartz, 0.5 - 1.5 percent orthoclase and traces of sericite, 
limonite and carbonaceous material . 
2. Chambers , Arizona (API Standard H 23) 
The clay appears to have formed by alteration of a volcanic 
tuff, transported to a lake basin in which it was altered 
(Nutting (76)) . 
Main, in Kerr~ al. (60),notes evidence for later stage 
alteration, as sericite is present in veinlets. His petrographic 
examination indicates 2 percent ferromagnesian minerals, 1 
percent quartz and traces of sericite, limonite, carbonaceous 
material and pyrolusite. 
3. Otay, California (API Standard H 24) 
Sample was collected from Pliocene marine sands with 
which it is interbedded. It was formed by weathering of 
volcanic ash. According to Cleveland (17) most of the ash was 
weathered prior to deposition but some was weathered after 
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deposition. Source of volcanic ash was probably in nearby 
Baja, California, 
Petrographic description by Main in Kerr et al. (60) 
indicates 1 - 2 percent sericite, 1 percent quartz, 0.5 - 1 
percent orthoclase, and traces of limonite and ferromagnesian 
minerals. 
4. Clay Spur, Wyoming (API Standard H 26) 
Sample is very highly crystalline montmorillonite from 
the marine Upper Cretaceous Mowry formation. It fanned by 
alteration of volcanic ash with a source a few hundred miles 
to the west (Slaughter and Earley (94). 
Main, in Kerr ~ al. (60) states that corroded edges of 
feldspar are indicative of secondary alteration and that 
strain in plagioclase twins is suggestive of compression. 
His microscopic analysis indicates 3 percent quartz, 2 percent 
glauconite, 2 percent ferromagnesian minerals, 2 percent 
plagioclase and traces of sericite and limonite (60). 
5. Little Rock, Arkansas (API Standard H 28) 
Sample was collected from the marine (?) (Eocene) Wilcox 
formation. Ash was probably deposited in shallow water and 
altered in place (Kerr~ al, (60)). 
Petrographic description by Main in Kerr~ - al, (60) 
indicates 4 - 5 percent limonite, 2 percent quartz, 1 percent 
plagioclase, trace of sericite. 
F. ILLITE 
1. Morri~ Illinois (API Standard H 36) 
Sample was collected from the non-marine underclay of a 
Pennsylvanian cyclothem. 
Petrographic description by Main in Kerr ~ al. (60) 
indicates 3 percent pyrite, 2 percent quartz, 2 percent sericite, 
2 percent limonite, 1 - 2 percent plagioclase and trace of 
calcite. 
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G. GLAUCONITE (from ocean sediments) 
1. Sta 17 52 (Provided by James Trumbull) 
This sample was separated from a surface sample taken 
by the Woods Hole Oceanographic Institution at the inner edge 
of the Blake Plateau in the Atlantic Ocean (3lo28.7'N, 79°29.0'~ 
This glauconite may be detrital, originating in Tertiary rocks 
in the Carolinas (J. Schlee, personal communication) or it may 
be forming at the present time (R. Pratt, personal communication~ 
X-ray analysis of the glauconite has not indicated the presence 
of any impurities. 
2. Sta 1957 (Provided by James Trumbull) 
Glauconite was separated from a surface sample taken in 
shallow water between Long Island, N. Y. and Block I., R.I. 
(40°2l'N, 75°57'W). The glauconite is probably detrital in 
origin. X-ray analysis has not indicated the presence of any 
impurities. 
3. Sta 6941 (Provided by H. A. Lowenstam) 
Sample was collected in Santa Monica Bay, California. It 
occurs in a rock composed chiefly of glauconite pellets. It 
may have remained in marine waters since formation or may be 
detrital from some of the glauconite bearing rocks of the 
surrounding land area. 
H. GLAUCONITE (from New Jersey Coastal Plain Upper Cretaceous 
and Early Tertiari Rocks . (Provided by John Schlee)) 
All of these rocks were deposited in shallow water marine 
conditions according to Owens, Minard and Blackmon (82) . 
1. R-8, Merchantville Fm. (Upper Cretaceous) 
Sample was collected in Kinkora, N.J. Rock is poorly 
consolidated, fine grained sandstone or siltstone. Glauconite 
is fine sand or silt sized. 
2. R-12, Marshalltown Fm . (Upper Cretaceous) 
Sample was collected at Wallenford, N.J. Rock is similar 
in appearance to R-8. X-ray analysis of the glauconite did 
not indicate any impurity. 
3. R-13, Navesink Fm. (Upper Cretaceous) 
Sample was taken at New Egypt, N .J. Rock is similar in 
appearance to R-8 and R-12 but glauconite is coarse sand sized, 
bright green. 
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4. Hornerstown Fm. (Paleocene) 
Sample was collected just north of New Egypt, N .J. Rock 
is almost entirely coarse glauconite pellets in fine glauconite 
matrix. The coarse glauconite was analyzed. 
I. GLAUCONITE (from the Precambrian Crawford Fm. of Australia 
(Provided by J. Richards)). 
All samples were taken from the same area on the west 
side of the gulf of Carpentaria. Al contain glauconite dated 
by K/A at 1390 million years (L. C. Noakes, personal commun-
ication). 
1. E53/3/14 
A hard red sandstone. A few cracks are lined with iron 
oxides. Microscopic examination shows that the rock is primarily 
greater than 95 percent quartz. Detrital grains are cemented 
by secondary quartz cement. A few percent green pellets of 
glauconite are present. Traces of iron oxides and microcline 
are present. Glauconite pellets coarser than 50 mesh were 
analyzed. 
2. E53/3/15 
Macroscopically and microscopically this is almost 
identical to E53/3/14. Color indicates slightly smaller 
concentration of oxides. 
3. E53/ 3/16 
Macroscopically this is similar to E/53/3/15 but is 
considerably darker, indicating a higher concentration of 
oxides. Also, it is cut by numerous minute cracks filled 
with oxide minerals. Microscopically the rock differs from 
E53/3/14 and E53/3/15 in that much of the glauconite appears 
to be altered to a brownish material. In mineral separation 
the brown grains were hand picked from the glauconite separate 
and the green pellets were analyzed. 
4. E53/3/18 and E53/3/19 
These rocks are much finer grained than those described 
above. They contain a higher concentration of iron oxides 
and clays as well as some white mica. They are much more 
poorly cemented . Glauconite pellets analyzed in these rocks 
were from the coarser than 100 mesh fraction. 
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J. SECONDARY FELDSPAR 
1. Franconia Formation (Provided by C. C. Patterson) 
Sample was collected near Richland Center, Wisconsin and 
is described by Tatsumoto and Patterson (98). The feldspar 
grains are between 50 and 100 mesh, and consist of triclinic 
microcline with monoclinic euhedral potassium feldspar over-
growths. Tatsumoto and Patterson removed the secondary rims by 
etching with fluoboric acid. They estimated the core to rim 
volume ratio to be 50:50 + 10. 
K. PHILLIPSITE (Provided by J. J. Griffin) 
Three finely divided phillipsites, separated from ocean 
core samples by J. J . Griffin were analyzed. The samples and 
their locations are: 
RIS 79 
Tet 23 
MSN 130 
14°03'S 
15°ll'N 
10°34'S 
131°44'W 
162°25'W 
151°05'W 
1 0 BEACH SANDS (Provided by C. C. Patterson) 
These samples were collected on beaches so that the 
finest grain size was obtained in the area between the high 
water mark and the water line at the time of collection. 
1. Ocean View, Virginia 
Sample is almost entirely quartz, mostly round and sub-
round with a few subangular grains. Sphericity moderately 
high to very high, size sorting uniform, surfaces of grains 
generally fairly smooth. 
2. South Island, S. Carolina 
Sample is almost entirely quartz, subrounded to angular 
with a few very angular grains. Size sorting fairly poor, 
sphericity moderate. This sample may be a mixture of somewhat 
rounded, slightly frosted grains and clear-surfaced angular 
grains. 
3. Fernandia, Florida 
Sample is almost entirely quartz, moderately angular to 
moderately rounded. Grains are moderately spherical with a 
small contribution of definitely elongate grains. Size sorting 
is fair. There is a fair degree of frosting and surface 
irregularity. 
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4. W. Shore, Bay St. Louis, Miss. 
Sample is almost entirely quartz with moderate sphericity, 
good sorting and moderate to well rounded grains. Frosting of 
grains is fairly heavy. 
5. Bath, Maine 
Sample is approximately 75 percent quartz. Quartz is 
subangular to subrounded. Sphericity is moderate. Sorting is 
fair to good. Frosting is heavy. Non-quartz minerals include 
chlorite, microcline, chert, opaque minerals, etc. 
6. La Push, Washington 
Sample is approximately 50 percent quartz. Quartz shows 
good sorting and sphericity and heavy frosting. Non-quartz 
minerals are primarily feldspar which is cloudy. However, 
X-ray analysis indicates that the feldspar has undergone only 
very little alteration to clay. 
7. Huntington Beach, California 
Sample is approximately 65 percent quartz. Quartz is a 
mixture of 10 percent angula~ clear, unfrosted grains, 90 
percent frosted subangular grains. In addition to quartz, 
sample contains approximately 25 percent feldspar, and 10 
percent mica. 
M. SHALES (Green River, Wyoming) 
1. GR-6, GR-7 
These are light gray shales collected along road cuts 
on U.S. Highway 30 1 to 2 miles east of the town of Green 
River. GR-6 has some secondary calcite grains. GR-7 contains 
many small specks of a feathery opaque mineral or carbon. Both 
samples are hard and appear unweathered. 
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APPENDIX III 
SUMMARY OF ISOTOPIC RESULTS 
Sample oo 18 Av. No. OD Av. No. 
permil Dev, Runs percent Dev. Runs 
a. KAOLINITE 
Langley, +21.2 0 . 3 2 
-5.7 0.2 10 
So. Carolina 
Murfrees- +22.4 0.3 3 -5.1 o.o 2 
boro , Ark. 
Bath, +22.1 0.1 2 -5.6 l 
s. Carolina 
Mesa Alta +18. 7 0.6 2 -7.3 0.1 2 
N. Mexico 
Kadan, +19.4 1 -7.1 l 
Czech . 
Podlesi, +19.0 o.o 2 -7.2 0.1 2 
Czech. 
Sedlec , +19. 3 0.2 3 -7.9 0.3 3 
Czech. 
b. HALLOYSITE 
Bedford +22 . 0 0.4 2 -6 . 0 1 
Indiana 
c . DICKITE 
Kl ad no Zapo- +15 . 6 0.6 2 -3. 7 1 
tocky, Czech . 
Horni Slav- +15.3 1 -3.6 1 
kov, Czech. 
d. MONTMORILLONITE (bentonite) 
Polkeville, +28.5 0.2 2 -5.4 0.2 2 
Miss. 
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Sample 8018 Av. No. OD Av. No. 
permil Dev. Runs percent Dev. Runs 
Chambers +19.1 0.4 7 -7.9 0.3 3 
Arizona 
Otay, +19.0 0.4 4 -4.1 0.1 3 
Calif. 
Clay Spur +17.6 0.2 5 -9.9 0.4 11 
Wyo. 
Little Rock +26.0 o.o 2 -6.8 1.0 4 
Ark. 
e. MONTMORILLONITE (Ocean cores) 
RIS 81 +26.1 o.o 2 -7.8 0,8 2 
EM-7 RUN 1 +28.5 1.0 4 -6.8 1 
f. ILLITE 
Morris +20.5 0.5 2 -5.1 0.2 2 
Illinois 
g. GLAUCONITE (from ocean sediments) 
Sta 1752 +26.3 0.5 5 -7.4 0.2 4 
Sta 1957 +21.8 o.o 2 -9.0 0.1 3 
Sta 6941 +23.8 1 -8.5 1 
h. GLAUCONITE (from rocks of New Jersey coastal plain) 
R-8 Merchant- +20.3 o.o 2 -7.8 0.5 3 
ville Fm. 
R-12 Marshall-+23.0 0.5 3 -8.0 0.2 3 
town Fm. 
R-13 Navesink +23.0 0.1 2 -8.6 0.2 3 
Fm. 
R-17 Horne rs- +22.5 0.3 3 -8.5 0.1 2 
town Fm. 
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Sample 8 018 Av. No. ?)D Av. No. 
permil Dev. Runs percent Dev . Runs 
i. GLAUCONITIC SANDSTONES (from Precambrian Crawford Fm., Australia) 
E53/3/14 
whole rk. +13. 7 0.5 4 
glauconite +14.6 0.3 2 -6.3 0.3 3 
quartz +13. 9 0 . 5 4 
E53 /3 /15 
whole rk. +13. 7 0 . 4 3 
gl auconite +13 . 7 0 . 2 2 -6.2 0.8 4 
quartz +12.8 0 . 1 2 
E53 /3 /16 
whole rk. +14.4 0. 7 4 
glauconite +18.5 0.5 4 -4.1 0.2 2 
quartz +14.5 0. 1 3 
E53 /3 /18 
whole rk. +14.8 0.5 3 
glauconite +17.0 0 . 8 6 -5.4 1 
mica +12.0 1 
quartz +15.0 0.2 2 
E53/3/19 
whole rk . +15 . 3 0. l 3 
glauconite +16 . 4 0. 1 2 -6 . 4 1 
mica +12.9 0.4 2 
quar tz +16 . 2 0 . 4 4 
j. PHILLIPSITE 
MSN 130 +33 . 6 0. 7 3 
RIS 79 +34 . 1 1.1 4 
Tet 23 +33.6 0 . 4 2 
k . FELDSPAR (detrital grain with secondary enlargement from 
Franconia Fm . ) 
core plus +13. 7 0.4 3 
rim 
core only + 8.5 0.1 3 
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8 18 OD Sample 0 Av. No. Av. No. 
permil Dev. Runs percent Dev. Runs 
1. MANGANESE NODULE (Blake Plateau) 
+15.0 0.8 2 -7.7 0.3 3 
m. BEACH SANDS 
Huntington Beach, Calif 
whole rk. +9 . 3 1 
quartz +10.6 0.6 2 
Fernandia, Florida 
quartz +11.0 0.2 2 
Bath, Maine 
whole rk. +12 .1 1 
quartz +12. 7 0.5 3 
Bay St . Louis, Mississippi 
quartz +11.4 0 .3 2 
South Island, South Carolina 
quartz +11.3 0.6 2 
Ocean View, Virginia 
quartz +12 .1 0.2 2 
La Push Washington 
whole rk . +12. 5 0 . 3 2 
quartz +10.9 0.4 3 
n. SILICIFIED FOSSILS (Roberts Mountain Area, Nevada) 
No. 13.3 +25.1 1 
No . 13.1 +22.9 1 
No. 12 . 3 +19 .1 0.3 2 
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Sample 8 018 Av. No. OD Av. No. 
permil Dev. Runs percent Dev. Runs 
No. 12.2 +20.7 0.1 2 
No. 11. 7 +27.1 1 
No. 11.6 +23.6 1 
No. 11.5 +23.3 0.5 2 
DF 3 +26.8 0.9 2 
CF 2 90' +26.5 1 
o. SILICEOUS FOSSIL DEBRIS FROM OCEAN CORE 
JYN II 11 +26.6 0.8 3 
p. OCEAN CORE SAMPLES (Scripps Institute of Oceanography) 
JYN II 4 +17.0 0.2 6 -7.9 0.5 3 
10-15 cm. 
JYN II 4 -8.7 0.1 2 
160-165 cm. 
JYN II 11 +17 .5 0.2 4 -9.3 0.3 2 
29-34 cm. 
JYN II 20 +16.1 0.5 2 -8.8 o.o 2 
31-36 cm. 
JYN IV 11 +15.7 0.1 3 -7.3 0.2 3 
33-39 cm. 
LSDA 159 +17.0 0.2 5 -7.3 0.5 4 
98-103 cm. 
LSDA 163 +18 0 2 0.2 6 -6.5 1 
90-95 cm. 
LSDA 183 +18.3 0.4 2 
10-17 cm . 
LSDA 212 +19.7 0.2 4 -5.7 0.3 2 
24-30 cm. 
LSDA 217 +19.9 0.1 3 -6.3 0.3 3 
79-85 cm. 
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80 18 0 D Sample Av. No. Av. No. 
permil Dev. Runs percent Dev . Runs 
LSDA 223 +19.2 0.4 2 -5.8 0.3 3 
100-108 cm. 
MSN 121 +17. 3 0.1 2 -6.8 0.2 2 
90-95 cm. 
RIS 42 
-7.3 0.2 2 
125-130 cm. 
RIS 56 +21.2 0 . 4 2 -7.6 0.2 2 
29-30 cm. 
RIS 69 +16.4 o.o 2 
170-176 cm. 
RIS 80 +25.9 0.4 2 
32-42 cm. 
q. OCEAN CORE SAMPLES (Lamont Geological Observatory) 
Vl6- 75 
0-10 cm. +11.5 0 . 3 2 -5 . 5 0.2 2 
50-60 cm. -5.7 o.o 2 
200-205 cm. -6.0 0.2 3 
700- 705 cm. +14.1 l -6.0 0.1 2 
1119-1124 cm. - 5 . 8 0.4 2 
r. OCEAN CORE SAMPLES (Woods Hole Oceanographic Institution) 
A-296-4 -5 . 7 0.2 3 
top 312 in . 
CH-36-1 -6.3 0.5 4 
top 9 in . 
CH-43- 4 -6.9 0.1 2 
top 4 in. 
CH-43-6 - 7 . 7 1 
top 6 in. 
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Sample 8 018 Av. No. QD Av. No. 
permil Dev. Runs percent Dev. Runs 
CH-43-18 
-6.9 0.8 2 
top 5 in. 
CH-43-22 -6.5 1 
top 5 in. 
s. SHALES (Green River Formation) 
GR 6 +18.1 o.o 2 -5.8 0.2 2 
GR 7 +19 .1 0.7 3 -13.0 0.6 6 
